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Abstract

Based on the study of 10 sediment cores and 40 core-top samples from the South China Sea (SCS) we obtained proxy
records of past changes in East Asian monsoon climate on millennial to bidecadal time scales over the last 220,000 years.
Climate proxies such as global sea level, estimates of paleotemperature, salinity, and nutrients in surface water, ventilation
of deep water, paleowind strength, freshwater lids, fluvial and=or eolian sediment supply, and sediment winnowing on
the sea floor were derived from planktonic and benthic stable-isotope records, the distribution of siliciclastic grain sizes,
planktonic foraminifera species, and the UK

37 biomarker index. Four cores were AMS-14C-dated. Two different regimes
of monsoon circulation dominated the SCS over the last two glacial cycles, being linked to the minima and maxima of
Northern Hemisphere solar insolation. (1) Glacial stages led to a stable estuarine circulation and a strong O2-minimum
layer via a closure of the Borneo sea strait. Strong northeast monsoon and cool surface water occurred during winter, in
part fed by an inflow from the north tip of Luzon. In contrast, summer temperatures were as high as during interglacials,
hence the seasonality was strong. Low wetness in subtropical South China was opposed to large river input from the
emerged Sunda shelf, serving as glacial refuge for tropical forest. (2) Interglacials were marked by a strong inflow of
warm water via the Borneo sea strait, intense upwelling southeast of Vietnam and continental wetness in China during
summer, weaker northeast monsoon and high sea-surface temperatures during winter, i.e. low seasonality. On top of the
long-term variations we found millennial- to centennial-scale cold and dry, warm and humid spells during the Holocene,
glacial Terminations I and II, and Stage 3. The spells were coeval with published variations in the Indian monsoon and
probably, with the cold Heinrich and warm Dansgaard–Oeschger events recorded in Greenland ice cores, thus suggesting
global climatic teleconnections. Holocene oscillations in the runoff from South China centered around periodicities of
775 years, ascribed to subharmonics of the 1500-year cycle in oceanic thermohaline circulation. 102=84-year cycles
are tentatively assigned to the Gleissberg period of solar activity. Phase relationships among various monsoon proxies
near the onset of Termination IA suggest that summer-monsoon rains and fluvial runoff from South China had al-
ready intensified right after the last glacial maximum (LGM) insolation minimum, coeval with the start of Antarctic ice melt
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prior to the δ18O signals of global sea-level rise. Vice versa, the strength of winter-monsoon winds decreased in short
centennial steps only 3000–4000 years later, along with the melt of glacial ice sheets in the Northern Hemisphere.  1999
Elsevier Science B.V. All rights reserved.
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1. Introduction

The Asian monsoon system is a thermodynamic
atmospheric circulation induced by the seasonal
change in heating the Central Asian highlands with
their extreme lapse rate and the resulting Central
Asian heat low during summer. The strong seasonal-
ity of wind directions, temperature, and precipitation
forms the basis of a process that involves an exten-
sive transport of moisture from low to high latitudes,
between sea and land during summer. Similar to
the global salinity conveyer belt in the ocean, the
monsoon system in the atmosphere represents one
of the basic elements of the global circulation. The
monsoon controls the atmospheric heat budget in the
Northern Hemisphere and hence, changes in mon-
soon have a great potential in controlling global
climatic change.

The climate of the South China Sea (SCS) and
the ambient land masses is dominated by the East
Asian monsoon (Tchernia, 1980). Seasonal changes
in winds play an important role for the short- and
long-term hydrological, chemical, and sedimentolog-
ical cycles in this region, and last but not least, the
sea-surface circulation in the SCS. As the monsoon
climate affects the most densely populated regions on
our planet, both present and past changes in monsoon
circulation will strongly influence the development of
flora, fauna, that includes the variations of continental
biomass, and finally, the evolution of mankind.

Many previous land-based studies had unraveled
the long-term history of monsoon moisture as docu-
mented in the loess profiles of North China (Kukla et
al., 1988; Liu and Ding, 1993; Banerjee, 1995; Porter
and An, 1995). Dry phases with enhanced discharge
of dust by the winter monsoon were mainly linked
to glacial and cold stages, to short-term Heinrich
events, and to the Younger Dryas, which was also
observed in the marine sediment record of the Sulu
Sea (Kudrass et al., 1991). In contrast, interglacials

led to wet climate and soil formation in China (Kukla
et al., 1988; Banerjee, 1995; Porter and An, 1995).
An early Holocene maximum in monsoon moisture
was documented in both the Arabian Sea at 11,600–
8600 calibrated yr BP (Sirocko et al., 1993, 1996)
and China (Pye and Zhou, 1989; Shi et al., 1993;
poorly dated in Winkler and Wang, 1993; Porter
and An, 1995), and also in a methane maximum
of the GRIP ice core (Blunier et al., 1995). Based
on a marine sediment record from the Arabian Sea,
the Indian monsoon varied in intra-Holocene cycles
of about 1050, 1500, and 3000 years (Sirocko et
al., 1996), i.e. periods similar to the climate cy-
cles found in ice cores from Greenland (Stuiver et
al., 1995; Grootes and Stuiver, 1997). One may,
therefore, expect that analogous events of enhanced
precipitation and fluvial runoff in South China may
lead to an enlarged plume of low sea-surface salinity
(SSS) offshore Hongkong (Fig. 1) and thus can be
reconstructed from sediments in the northern SCS.
The same principles will hold true for enhanced
precipitation in Borneo, Indonesia, and Indo-China,
documented in the southwestern SCS.

In this paper, we summarize various lines of
isotopic, sedimentologic, and geochemical evidence
from some ten deep-sea cores, obtained from re-
gions with high sedimentation rates (reaching 7–
85 cm=ka) along the northern, western, and south-
western margins of the SCS. These proxy records
help us deciphering past seasonal monsoon signals
in both subtropical and tropical parts of the SCS.
Especially, we are tracing the variations in (1) mois-
ture transport and hence, the intensity of monsoon
precipitation during summer, (2) the dust transport
and fluxes, i.e. wind strength and aridity during win-
ter, moreover, (3) the signals of climatic change and
vegetation cover on the dried-up Sunda subcontinent
during glacial times.

Our paleomonsoon records extend over the last
two glacial cycles and the subsequent deglacia-
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Fig. 1. Locations of 11 core sections (large open circles) on 3 transects and of 44 core-top samples from the South China Sea. Gray
arrows show modern surface currents during summer; modern upwelling region southeast of Vietnam during summer is stippled (Wiesner
et al., 1996); white arrows show winter monsoon. Shaded area with contour lines shows the modern freshwater plume with reduced
sea-surface salinity in front of the Pearl River mouth during summer (Japan Hydrographic Association, 1978; modified). Present 100-m
isobath shows approximate position of coastline during glacial low sea level. Molengraaff and Mekong rivers on the (emerged) glacial
Sunda shelf are indicated in the southwestern South China Sea (Molengraaff, 1921; Tjia, 1980). Symbols of core-top samples: dots D
eolian sediment supply; diamonds D sediment winnowing; squares D fluvial sediment supply (see Fig. 8A).

tions in the Pleistocene. Based on a detailed and
AMS-14C-dated stratigraphy for the last glacial cy-
cle, we particularly focus on the short-term, i.e.
decadal to centennial, changes in monsoonal cli-

mate and trace their timing, phase relationship, and
linkages in general to global climate changes such as
Heinrich and=or Dansgaard–Oeschger (D-Oe) events
defined in the North Atlantic realm (Bond et al.,
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1992, 1997; Cortijo et al., 1995) and the associ-
ated changes in the global thermohaline circula-
tion (Broecker et al., 1988; Sarnthein et al., 1994b;
Seidov et al., 1996). Similar teleconnections were
recently found and=or postulated by Kennett and In-
gram (1995) and Kotilainen and Shackleton (1995)
by studying paleoclimatic sediment records from the
eastern and northwestern Pacific margins.

2. Materials and methods

2.1. Selection of core transects and sediment samples

All samples used in this study are selected from
the core collection obtained by the ‘Monitor Mon-
soon’ Project during the FS Sonne cruise 95 in
April–June 1994 (Sarnthein et al., 1994a) (Tables 1
and 2; Fig. 1). Nine gravity and=or piston cores
form three major transects in the north, west, and
southwest of the SCS. All cores were obtained from
isolated sea-floor elevations at intermediate water
depths on the continental slope and rise (Tables 1
and 2) and only contain undisturbed hemipelagic
sediments with high and ultrahigh sedimentation

Table 1
Location, water depth (W.d.), and core recovery of Sonne-95 cores used in this paper

Site Latitude Longitude W.d Recov. Corer type Sedirate Sample interval (cm)
(N) (E) (m) (m) (cm=ka)

Stable isot. Grain size UK
37–PF-SST

North transect
17937-2 117º39.90 19º30.00 3428 12.92 SL 11 (35) 10
17938-2 117º32.30 19º47.20 2840 11.78 SL 15 (35) 10
17939-2 117º27.30 19º58.20 2474 12.74 SL 28 (34) 10 10
17940-1 117º23.00 20º07.00 1728 0.56 GKG 50–70 5
17940-2 117º23.00 20º07.00 1727 13.30 SL 45–85 (19) 1–2 2 4–10

West transect
17954.2 111º31.50 14º47.80 1520 11.52 SL 6–7 (5–9) 2.5–10 4–10
17955-2 112º10.60 14º07.30 2393 11.66 SL 4–5 (3–6) 2.5–10
17956-2 112º35.30 13º50.90 3388 13.56 SL 4–5 (3–5) 10

South transect
17961-2 112º19.90 08º30.40 1968 10.30 SL 3–8 (10) 10 10 10
17964-2 112º12.80 06º09.50 1556 13.04 KL ¾30 (>55) 20 20
17964.3 112º12.80 06º09.50 1556 9.12 SL ¾30 (>55) 8–20 20

East
17927-2 119º27.20 17º15.10 2804 5.58 SL 8 (2–13) 10 10

SL D gravity core; CKG D giant spade-box core; KL D piston core. Sedimentation rates (Sedirate) are presented separately for
interglacial=Holocene and last glacial times (in brackets).

rates. On the three core transects, the ‘key’ sites
17940, 17954, and 17961 have provided ultrahigh-
resolution (bidecadal to centennial) records based
on multi-proxy studies and thus form the backbone
evidence of our study.

The northern transect (cores 17937-2, 17938-2,
17939-2, and 17940-1=2) extends over 400–500 km
southeast of Hong Kong. This transect is located
near the freshwater plume in front of the Pearl River
mouth and may hence serve for monitoring past vari-
ations in fluvial discharge and monsoonal precipita-
tion in subtropical South China. The western transect
lies off South Vietnam (cores 17954-2, 17955-2 and
17956-2). The distal part of this transect extends
into the area of upwelling driven by the southwest
monsoon during summer (modeled by Wiesner et
al., 1996; Fig. 1). Cores 17961-2 and 17964-2=3
(supplemented by VEMA core 35-5; Broecker et al.,
1988, and Duplessy et al., 1991) are from the tropical
southwesternmost SCS, in front of the mouth of the
former ‘Molengraaff’ River which debouched from
the Sunda shelf during times when it was dried up
along with glacial low sea level (Molengraaff, 1921;
Fig. 1). A further, tenth core (17927), documents the
SST=SSS regime to the west of Luzon.
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Table 2
Location, water depth, clay content and silt-mode values of the
surface sediment samples from Sonne-95 giant spade-box cores

Site Latitude Longitude Water Clay content, Silt-
(N) (E) depth <6.3 µm mode

(m) (%) (µm)

17920-1 119º45.10 14º35.10 2507 35.0 8
17921-1 119º32.30 14º54.70 2507 41.7 7
17922-1 117º27.50 15º25.00 4221 26.3 10
17924-1 118º50.80 19º24.70 3438 73.5 20
17925-2 119º02.80 19º51.10 2980 70.9 19
17926-2 118º44.00 19º00.00 3761 45.0 13
17928-2 119º44.70 18º16.30 2486 55.5 53
17929-1 115º42.00 20º40.90 371 25.2 37
17930-1 115º46.90 20º20.00 629 19.7 28
17931-1 115º57.80 20º06.00 1005 43.6 18
17932-1 116º02.30 19º57.00 1365 61.4 36
17933-2 116º13.60 19º32.00 1972 67.5 35
17934-1 116º27.70 19º01.90 2665 71.6 34
17935-2 116º31.60 18º52.70 3143 78.4 57
17936-1 117º07.20 18º46.00 3809 69.6 11
17937-1 117º40.00 19º30.10 3428 73.1 35
17938-1 117º32.30 19º47.20 2835 64.3 17
17939-1 117º27.30 19º58.20 2473 63.3 22
17940-1 117º23.00 20º07.00 1728 54.3 50
17941-1 118º28.90 21º30.90 2201 65.9 50
17942-1 113º12.10 19º20.00 329 20.3 30
17943-1 113º33.20 18º57.00 917 59.1 38
17945-1 113º46.60 18º07.60 2404 73.0 16
17946-1 114º15.00 18º07.50 3465 68.5 35
17947-2 116º01.70 18º28.00 3765 58.4 30
17948-1 114º53.80 18º42.50 2841 82.2 31
17949.1 115º10.00 17º20.90 2195 68.0 26
17950-1 112º53.90 16º05.60 1868 66.7 34
17951-1 113º24.60 16º17.30 2340 77.5 17
17952-2 114º28.40 16º40.00 2882 81.0 45
17953-3 115º08.60 14º33.00 4307 73.6 26
17954-1 111º31.60 14º45.50 1517 60.4 52
17955-1 112º10.60 14º07.30 2404 44.0 18
17956-1 112º35.30 13º50.90 3387 52.8 18
17957-1 115º18.30 10º53.90 2197 89.8 14
17958-1 115º04.90 11º37.30 2581 62.4 13
17959-1 115º17.20 11º08.30 1957 73.9 13
17961-1 112º19.90 08º30.40 1795 85.6 28
17962-1 112º04.90 07º10.90 1970 79.9 45
17963-2 112º40.00 06º10.00 1233 68.2 55
17964-1 112º12.80 06º09.50 1556 67.3 58
17965-1 112º33.10 06º09.40 889 63.2 25

2.2. Methods and paleoclimatic proxy data

Major unknowns of monsoonal paleoclimate are
(1) continental aridity and moisture, wind strength,

Fig. 2. Schematic summary of isotopic, micropaleontological,
sedimentological, and geochemical sediment records used for
calculating paleoceanographic and paleoclimatic proxy data.

and (2) temperature, salinity, nutrients, and produc-
tivity near the sea surface. These proxies are recon-
structed from a broad inventory of isotopic, sedi-
mentological, and geochemical data, summarized in
Fig. 2.

Stable oxygen and carbon isotopes were mea-
sured on samples composed of 15–20 specimens of
Globigerinoides ruber s.s. (white) in the 315–400
µm size fraction, which provides a record of the
isotopic composition of the top 30 m in the sur-
face water (Fairbanks et al., 1980, 1982; Grothmann,
1996; Mulitza et al., 1997; Wang et al., in prep.).
All tests were crushed, repeatedly washed in ethanol
(99.8%) and an ultrasonic bath, and dried at 40ºC.
Samples for accelerator mass spectrometry (AMS)
14C dating were obtained from either G. ruber or G.
sacculifer specimens, each sample amounting to 7–
12 mg. The samples were cleaned (without crushing
the tests) in an ultrasonic bath with 99.8% ethanol
and=or with distilled water. Based on eight parallel
tests, these two different treatments did not result in
systematic age deviations (Table 3). Stable isotopes
and AMS-14C ages were measured at the Leibniz
Laboratory of the Kiel University following standard
procedures (Ganssen and Sarnthein, 1983; Nadeau et
al., 1997; Schleicher et al., 1998). The external er-
rors of stable-isotope analyses are š0.08‰ PDB and
š0.06‰ PDB for δ18O and δ13C, respectively. The
average background of AMS-14C dating is 0.3% 14C
(equal to about 46,000 yr BP). Standard errors in-
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Table 3
AMS-14C ages measured in cores 17940-2, 17939-2, 17961, 19764 a

Sample depth AMS 14C age b Error 1¦ Planktonic foraminifera Sample treatment Calibrated age Notes
(cm c.d.) (yr BP) š (yr) species (yr BP)

Core 17940-2
22.5 700 C65=�60 G. sacculifer alc. 670–570 1, 2
47.5 1,010 C25=�25 G. sacculifer alc. 930 1

100.5 2,350 C75=�70 G. sacculifer alc. 2,350 1
101.5 2,010 C40=�40 G. sacculifer dist. 1,940 1

(101.0) 2,145 š 55 8
112.5 2,470 C80=�75 G. sacculifer alc. 2,730–2,360 1, 2
114.5 2,190 C30=�30 G. sacculifer dist. 2,300–2,130 1, 2

(113.5) 2,380 š 205 8
158.5 2,820 C30=�30 G. sacculifer alc. 2,950–2,862 1, 2
174.5 3,160 C30=�30 G. sacculifer alc. 3,370 1
232.5a 4,050 C55=�30 G. sacculifer alc. 4,570–4,420 1, 2
232.5b c 3,970 C30=�30 G. sacculifer alc. 4,420 1

(232.5) 4,460 š 74 8
252.5 4,660 C65=�60 G. ruber dist. 5,460–5,310 1, 2
260.5a 4,310 C40=�40 G. sacculifer dist. 4,860 1
260.5b 4,390 C30=�30 G. sacculifer dist. 5,030 1
262.5 4,670 C60=�60 G. sacculifer alc. 5,560–5,310 1, 2

(258.5) 5,220 š 150 8
332.5 5,830 C75=�70 G. sacculifer alc. 6,660 1
334.5a 5,710 C50=�30 G. sacculifer dist. 6,490 1
334.5b 5,700 C40=�40 G. sacculifer dist. 6,480 1

(233.5) 6,560 š 120 8
372.5 5,930 C65=�60 G. ruber dist. 6,750 1
430.5 7,510 C60=�60 G. sacculifer dist. 8,320 3
432.5 7,810 C60=�60 G. sacculifer alc. 8,550 3
436.5 7,620 C50=�50 G. sacculifer dist. 8,370 3

(433.5) 8,380 š 130 8
502.5 8,650 C80=�80 G. sacculifer alc. 9,540 3
506.5 8,590 C90=�90 G. sacculifer dist. 9,640–9,450 2, 3

(504.5) 9,600 š 190 8
620.5 9,540 C65=�60 G. sacculifer dist. 10,890–10,430 4, 5
622.5 9,810 C110=�110 G. sacculifer alc. 11,010–10,950 4, 5

(621.5) 10,730 š 310 8
650.5 10,030 C60=�60 G. sacculifer dist. 11,730–11,040 4, 5
652.5 9,870 C110=�110 G. ruber alc. 11,200–10,970 4, 5

(651.5) 11,240 š 360 8
(656.5) 11,600 6
722.5 11,280 C110=�110 G. ruber alc. 13,280 7
792.5 13,090 C140=�140 G. ruber alc. 15,090 7
842.5 13,960 C154=�152 G. ruber alc. 17,460 7
852.5 14,160 C161=�157 G. ruber alc. 17,660 7
892.5 15,510 C190=�186 G. ruber alc. 19,010 7
912.5 16,490 C220=�210 G. ruber alc. 19,990 7
922.5 17,260 C220=�220 G. ruber alc. 20,760 7
932.5 18,050 C140=�140 G. sacculifer dist. 21,550 7

1032.5 24,510 C590=�550 G. ruber alc. 28,010 7
1102.5a 26,150 C330=�320 G. sacculifer dist. 29,650 7
1102.5b 26,840 C660=�610 G. ruber dist. 30,340 7

(1102.5) 30,000 š 710 8
1212.5 30,800 C1100=�1000 G. ruber dist. 34,300 7
1272.5 35,500 C2400=�1900 G. ruber alc. 39,000 7
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Table 3 (continued)

Sample depth AMS 14C age b Error 1¦ Planktonic foraminifera species Sample treatment Calibrated age Notes
(cm c.d.) (yr BP) š (yr) (yr BP)

Core 17939
20 1,120 C30=�30 G. sacculifer alc. 1,060–974 1, 2
98a 4,490 C50=�30 G. sacculifer alc. 5,280–5,000 1, 2
98b 4,550 C40=�40 G. sacculifer dist. 5,300–5,060 1, 2
98c c 4,440 C40=�40 G. sacculifer alc. 5,210–4,880 1, 2

250 9,580 C60=�60 G. sacculifer alc. 10,910–10,480 4
440a 13,530 C90=�90 G. sacculifer alc. 17,030 7
440b 13,370 C90=�90 G. sacculifer dist. 16,870 7
490 13,210 C120=�120 G. sacculifer alc. 16,710 7
570 14,640 C90=�90 G. sacc. C ruber alc. 18,140 7
630 15,200 C110=�110 G. sacc. C ruber alc. 18,700 7
680 15,910 C110=�110 G. sacculifer alc. 19,410 7
880 18,950 C120=�120 G. sacculifer alc. 22,450 7

Core 17961
290 24,540 C290=�280 G. sacculifer dist. 28,040 7
310 25,480 C340=�330 G. sacculifer dist. 28,980 7
440 34,200 C940=�840 G. sacculifer dist. 37,700 7
490 39,700 C2100=�1700 G. sacculifer dist. 43,200 7

Core 17964
8 950 C35=�35 G. ruber dist. 910

108 4,230 C60=�59 G. ruber dist. 4,830
168 6,120 C66=�65 G. ruber dist. 7,020
208 7,350 C74=�73 G. ruber dist. 8,120
308 9,690 C93=�92 G. ruber dist. 10,960
368 11,100 C120=�120 G. ruber dist. 13,100 7

Notes. 1: converted calendar age (Stuiver and Becker, 1993; Stuiver and Pearson, 1993); 2: age range at minor 14C plateau; 3: converted
calendar age (Pearson et al., 1993); 4: converted calendar age (Kromer and Becker, 1993); 5: age range at major 14C plateau (Bard et al.,
1990a,b); 6: calendar age of the top of the Younger Dryas (Alley et al., 1993); 7: converted calendar age (Bard et al., 1990a,b; Winn et
al., 1991); 8: averaged calendar ages used in smooth-spline fit (see text for discussion).
a Average ages in core 17940 are used in Fig. 4 and Fig. 5; alc. D alcohol; dist. D distilled water.
b A 400-yr correction is applied for the reservoir age of sea water, although its precise age range is unknown in the South China Sea
(Stuiver and Braziunas, 1993).
c Foraminiferal tests with 80% of size fraction 150–315 µm.

cluding the background radioactivity were calculated
per sample batch.

Based on both the δ18O and δ13C records of two
core sections from giant spade-box core 17940-1
with 45 cm and neighbor gravity core 17940-2 with
1315 cm length, we spliced a composite-depth (c.d.)
section at site 17940, where 0 cm in 17940-2 is equal
to 2.5 cm depth in 17940-1. This core fit ensures
the recovery of the genuine sediment surface for the
reconstruction of our paleoclimatic records.

Siliciclastic grain sizes and clay contents were
measured on a SediGraph 5100D made by Mi-
cromeritics according to procedures described by
Stein (1985). Samples for SediGraph analyses were

obtained from the <63 µm sediment fraction af-
ter washing the bulk sample over a 63 µm sieve
and completely dissolving the carbonate and organic
carbon fractions in acetic acid and hydrogen perox-
ide solutions. The clay content was defined as the
percentage of the acid insoluble grain-size fraction
smaller than 6.3 µm, a boundary that is crucial in
aerosol transport (Parkin and Shackleton, 1973). The
grain-size mode was derived from both the bulk and
silt fractions. Based on 157 replicate measurements
the mean analytical errors of modal grain sizes and
clay contents are 0:77š 1:13 µm and 0:22š 0:46%,
respectively. Wind-supplied (dust) and river-borne
(mud) sediments, i.e. crucial signals of aridity and
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humidity, were finally identified by means of the
‘Koopmann Index’ (Koopmann, 1981; Stein, 1985),
an empirical relationship between the percentage of
silt >6.3 µm (abscissa) and the modal grain size of
silt >6.3 µm (explained in detail in the caption of
Fig. 6 and, especially, Fig. 8).

Sea-surface temperature (SST) estimates are
based on the biomarker UK

37 index (annual mean SST
at 0–30 m: UK

37 D 0:36T � 0:056; Kirch, 1997;
Pelejero and Grimalt, 1997; Pelejero et al., 1999).
Based on five replicate extractions of alkenones from
sediment samples, the error of these estimates is
about š0.15ºC. We also used CLIMAP-style plank-
tonic foraminiferal (PF) census data, which were
converted into SST of the ‘sea surface’ using the
FP-12E transfer function of Thompson (1981) (core
17940: Pflaumann and Jian, 1999; core 17954: com-
bined counts of Ivanova, Pflaumann, Heilig). For
equation FP-12E the error is š1.46ºC for summer
and š2.48ºC for winter. Pflaumann and Jian (1999)
are assessing the differences between PF-based SST
records derived from (1) a new Modern Analog
(SIMMAX 28) equation, (2) the FP-12E transfer
function, and (3) from UK

37 data. The UK
37-based an-

nual mean SST values for 0–30 m also served for
calculating paleosalinity data.

Local paleosalinities of surface water (SSS) were
estimated by subtracting the past variations in SST
and global ice-volume from the planktonic δ18O sig-
nal of G. ruber (white), using the transfer equation
of L. Wang et al. (1995). Thus the SSS values apply
to water depths that depend (1) on the depth range of
the SST estimates employed, and (2) on the habitat
depth of G. ruber forming its δ18O signal within
0–50 m water depth (Tolderlund and Bé, 1971; Fair-
banks et al., 1980; Williams et al., 1981; Hemleben
et al., 1989). Approximately in harmony with this
habitat depth, we used our UK

37-based annual-mean
SST estimates for 0–30 m for calculating the SSS
values, although summer SST at 0–50 m originally
served as basis for defining the transfer function of
L. Wang et al. (1995).

We employed annual mean UK
37 SST instead of

summer UK
37 SST for various reasons. (1) Different

from the northeastern subtropical Atlantic the mod-
ern SST range in the SCS provides optimum habitat
conditions for a perennial formation of G. ruber and
its δ18O signal (Hemleben et al., 1989). (2) Accord-

ingly, sediment traps in the northern and central SCS
recovered maximum fluxes of G. ruber in both late
summer and early winter (Wiesner et al., 1996). (3)
UK

37-based annual mean SST largely equate to both
annual mean PF-SST data (see below) and mod-
ern average temperatures (Levitus and Boyer, 1994).
Moreover, annual mean UK

37 SSTs were preferred to
PF-SSTs to avoid (1) a potential bias in PF-SST
signals linked to the impact of local changes in sub-
surface oceanography on certain foraminifera species
(e.g. possibly causing some late Holocene SST min-
ima), and (2) the artificial high-amplitude noise in
PF-SST estimates of single samples. This noise may
result from both errors in PF census data and the
standard error of the transfer function (Thompson,
1981) and hence may strongly bias the SSS val-
ues in ultrahigh-resolution records, especially during
phases of rapid climate change. To establish the same
sampling resolution for both the high-resolution (1–
2 cm) δ18O curve and the medium high-resolution
(5 cm) SST records of core 17940, the UK

37 SST
data were interpolated by a smooth-spline to avoid
artificial variability.

The global δ18O ice effect was calculated using our
planktonic δ18O stratigraphy (Fig. 3a) and the perti-
nent δ18O records of Labeyrie et al. (1987), Fairbanks
(1989), and Vogelsang (1990). In core 17961, we
used the benthic δ18O stratigraphy (Fig. 3c) for cal-
culating the δ18O ice effect, since the planktonic
δ18O record appears strongly affected by local salinity
changes at this site during Termination IA (Fig. 3a).

A tentative calculation of SSS using the equations
of Rostek et al. (1993) produces almost identical
results within the standard error of 0.68‰ resulting
from the equation of L. Wang et al. (1995).

The complete proxy data sets (‘Monitor Mon-
soon’) are available on request from the Ger-
man ‘Past Global Changes’ (PAGES) marine data
repository PANGAEA (http:==www.pangaea.de and
grobe@awi-bremerhaven.de).

3. Results

3.1. High-resolution Ž18O=Ž13C stratigraphy

Based on the stage definitions by Prell et al.
(1986) and Martinson et al. (1987), the δ18O records
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Fig. 3. (a) Oxygen and (b) carbon isotope records measured on planktonic Globigerinoides ruber s.s. (white) and on (c) epibenthic Cibicidoides wuellerstorfi and C. kullenbergi
in sediment cores from the SCS (Fig. 1). Crosses show AMS-14C-dated levels (Table 2). Marine isotope stages are labeled and stage boundaries are connected by dashed lines
between the different records for each transect. Event 3.1 in 17964 is inferred from the benthic δ18O record (Fig. 3c). Vertical dotted lines for each core were added to facilitate
comparison of absolute values. Thick dashed lines in isotope records indicate data gaps that result from a lack of foraminifera specimens. Error bars in 17940 records show
standard error of multiple measurements. Broad vertical bars indicate Younger Dryas (YD) event. B=A D Bølling–Allerød. LGM D Last Glacial Maximum. Note the extreme
benthic δ13C minima linked to organic fluff layers and an oxygen-minimum layer, strongly developed along the continental margins. At site 17940 off Hong Kong the benthic δ13C
minimum (�1.4‰) in the earliest Holocene is coeval with maximum runoff of the Pearl River (540 cm c.d.; about 9000 14C years BP). The benthic δ13C minimum (�1.3=�1.6‰)
in core 17964 from the southern margin of the SCS accompanies the runoff of the Molengraaff River during Stage 2. Data of core 17927 are from Kirch (1997).
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from our ten core sections (Fig. 3) comprise the
global standard variations of the last (cores 17927
and 17937–40, northeastern SCS, and cores 17961
and 17964, southern SCS), or last two glacial cycles
back to early Stage 7 (cores 17954–56, western
SCS). In the western transect the details of the glacial
terminations are not as well resolved as in the cores
of the northern transect. In the west, the δ18O shifts
of the last two glacial-to-interglacial cycles reach the
same order of magnitude, with only slightly lighter
δ18O values (0.1–0.2‰) in the Eemian than in the
Holocene. In the south, especially the benthic δ18O
curve of core 17961 reveals a clear record of Stages
1–5 back to substage 6.2. The benthic δ18O values in
core 17964 reach back to the upper part of Stage 3
(Fig. 3c). The precise age range, however, cannot be
determined in core 17964 because of the rareness of
foraminifera tests, probably due to extreme sediment
dilution.

The planktonic glacial-to-interglacial δ18O varia-
tions amount to about 1.7‰ and are superimposed
by a few short-term extreme δ18O minima in the
Holocene, reaching less than �3.0‰ (cores 17939
and 17937; Fig. 3a). In core 17956, oxygen iso-
tope variations amount to about 2.0‰ due to the
extremely light δ18O values in the earliest Stage 1
and in Stage 5.1, moreover in substage 3.3. The
δ18O values of the western and southern transects
are generally lighter (by ½0.5‰) than those of the
northern transect. This difference is largely ascribed
to different SSTs which are higher in the tropical
waters of the southern and western transects than in
the northern, subtropical SCS (Japan Hydrographic
Association, 1978).

Besides the major glacial and interglacial δ18O
stages, a number of small-scale, but equally im-
portant δ18O excursions characterize early Stage 1
and Stage 3 in most records (Fig. 3), especially in
core sections with high sedimentation rates. Here a
detailed Holocene and deglaciation history is doc-
umented in the northern SCS, starting with a dis-
tinct Bølling–Allerød (B=A) warm phase. The intra-
Holocene ultrarapid climatic changes are reflected
by major δ18O oscillations reaching 0.7–1.0‰. In
the northern transect the Younger Dryas (YD) event
is clearly recorded as a major δ18O increase by 0.5–

0.7‰. This excursion even contains the character-
istic double-peak structure found in the Greenland
ice-core records (Alley et al., 1993; Stuiver et al.,
1995) (Figs. 3 and 4). In cores from the western and
southern transects — further away from the north-
ern freshwater sources — the YD-style signals are
also recorded either as δ18O plateau and=or slight
δ18O increase on top of the general deglacial trend at
both Termination I (cores 17954 and 17961) and II
(high-resolution records of cores 17954 and 17955).

The end of the last glacial maximum (LGM) is
well defined by a major δ18O shift of about 0.5–0.7‰
toward the Bølling–Allerød level. Prior to this shift,
core 17940 shows a minor overall δ18O decrease
by about 0.4‰ at about 850–810 cm core depth, a
decrease superimposed by two spikes of light δ18O
values beyond the analytical noise level (Fig. 3a and
Fig. 4). The spikes possibly mark the actual onset
of glacial Termination Ia, which subsequently was
interrupted by the Oldest Dryas stadial. As compared
to the fairly stable LGM (890–1030 cm depth in core
17940) δ18O Stage 3 is characterized by ultrarapid
δ18O oscillations. They reach 0.7‰ in the northern
and western cores 17940, 17954 and 17955 and
exceed 1.5‰ in the southwestern cores 17956 and
(especially) 17961. These short-term δ18O signals
are ascribed to freshwater pulses (see Section 4).

The benthic δ18O records (cores 17940, -61, -64;
Fig. 3c) largely parallel the planktonic δ18O records,
except for the salient Pacific-style minimum of Stage
5.5 in core 17961. Special features of the benthic
δ13C records are discussed below.

Planktonic δ13C records from the SCS (Fig. 3b)
show glacial-to-interglacial variations of 0.5 to 1.0‰
over the past 250,000 years. In all cores, the extremes
in low δ13C are linked to the onset and end of glacial
terminations, such as after glacial Stages 2, 4, and 6.
For example, in cores 17954, -56 and -61 the δ13C
minima across the Stage 6–Stage 5 boundary exceed
the minima across the Stage 2–Stage 1 boundary by
about 0.5‰, a trend observed in many planktonic
and benthic records worldwide (e.g. Sarnthein and
Tiedemann, 1990). Within Stage 3, major short-term
planktonic δ13C lows parallel lows in δ18O, most
obviously in core 17961 (near 300, 450, and 650 cm
depth).
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Fig. 4. (A) Age model of ice-core GISP2 (Grootes and Stuiver, 1997) and (B) of core 17940, based on AMS-14C ages (Table 2)
labeled below the planktonic δ18O curve. Composite depth (c.d.) values are based on core-fit between giant spade-box core 17940-1
and gravity core 17940-2 (see text for details). The age–depth curve (C) is based on a smooth-spline fit across the age–depth control
points, where 14C ages are converted into calendar ages. Duplicate=multiple 14C datings are averaged (after conversion into calendar
years; Table 2); age errors are calculated via a Gaussian error-propagation equation. Below the Preboreal (>11,600 calendar yr BP) the
chronostratigraphy in core 17940 is established via tuning the light δ18O peaks in Stages 2–3 to warm Dansgaard–Oeschger (D-Oe)
events 2–10 in the δ18O record of the annual-layer counted ice-core GISP2 (thin lines between (A) and (B)). This correlation is made per
analogy to the fit of δ18O excursions at the YD and B=A events. Sedimentation rates in Stages 2–3 are derived from linear interpolation
between age-control points deduced from tuning to D-Oe events (dashed line in (D)). For comparison, sedimentation rates are calculated
from the first derivative of the smooth-spline (solid line in (D)).
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3.2. AMS-14C dates and age control

AMS radiocarbon ages provided an (apparently
direct) age control in cores 17940, 17939, 17961, and
17964 back to 40 ka (Table 3). Based on these dates
we set up a first age model for the last glacial cycle,
especially for confining the events and periodicities
of monsoon climate over the last deglaciation and the
Holocene. The most detailed age model for the last
glacial cycle was established in core 17940, where
40 AMS-14C dates were measured (Fig. 4; Table 3).

For the calculation of accumulation rates we
converted the 14C ages into calendar ages, which
implied two major unknowns: (1) changes in the
14C-reservoir effect of the surface water in the SCS;
and (2) the differential 14C-production rates in the
atmosphere during the last glacial cycle (Duplessy
et al., 1989; Stuiver and Braziunas, 1993; Laj et al.,
1996; Völker et al., 1998). The 14C ages of dis-
solved CO2 in surface-water samples from the SCS
(unpublished data) show a post-bomb age of �750
years. Fairly conventional reservoir ages of C400
and C730 years occur at 250 and 400 m depth, re-
spectively. In the glacial SCS the 14C-reservoir effect
was possibly much larger than today (Duplessy et
al., 1989; Adkins and Boyle, 1997), since the glacial
SCS probably had an estuarine circulation which was
fed by old West Pacific intermediate- to deep-water
masses that mark the end of the global thermohaline
circulation in the ocean (Gordon, 1986; L. Wang,
1992; P. Wang, 1992). The estuarine system resulted
from a perfect isolation of the SCS to the southwest
as soon as the sea level was lowered by more than
40 m and the straits of Borneo were closed, different
from today, when abundant young surface water is
entering from the Indian Ocean.

Based on dates of Shackleton et al. (1988) the
synglacial Pacific intermediate water reached an age
of about 2400 years. If this age also holds true for
the (upwelled) estuarine surface water of the glacial
SCS, the resulting 14C anomaly was just opposed
to the age difference resulting from an increased
cosmogenic 14C production in the atmosphere during
that time, that led to a reduction of 14C ages by
3000 to 4000 years versus calendar ages (Bard et al.,
1990a; Völker et al., 1998).

In our approach, 14C dates of the last 11,000 years
were converted into calendar ages, based on the cali-

bration technique of Stuiver and Braziunas (1993) and
taking into account a minor additional reservoir age
for the western Pacific (140š45 yr; i.e. a total of 540
yr). Beyond the calibration range of dendrochronol-
ogy, 14C years were corrected by 2000–3500 years
(Table 3), using calibration schemes based on rare U–
Th ages (Bard et al., 1990a; Winn et al., 1991) and
varves (Hughen et al., 1998). In this first simple con-
version no higher 14C-reservoir ages are considered.

In the Holocene section, any age model of core
17940, which is based on a simple linear interpo-
lation of the numerous, closely packed 14C dates,
would suffer from various severe artifacts. They
would result in strongly fluctuating sedimentation
rates with highly questionable extremes. To cope
with this problem, we built our age model on the
assumption of more uniform sedimentation rates by
(1) averaging the (calibrated) calendar ages obtained
from any core section less than 10 cm thick (Ta-
ble 3), and (2) applying a smooth-spline (Reinsch,
1967) through the dated depth levels (Fig. 4).

In δ18O Stage 3 the conversion of 14C dates into
calendar ages is more complicated than in Stages 1–
2 because of (1) poorly quantified but strong varia-
tions in cosmogenic 14C production (Laj et al., 1996;
Völker et al., 1998), which result in (2) various
14C rises and plateaus that lack any U=Th-calibrated
age-control points (Bard et al., 1990a), and finally,
(3) because of unknown but probably considerable
variations in the local 14C-reservoir effect. There-
fore, we adopted a different, ‘direct’ approach to
chronostratigraphy: we tied the δ18O minima of core
17940 in Stages 2 and 3 to ice-varve ages of the
warm D-Oe events recorded in the δ18O curve of the
GISP2 ice core (Grootes and Stuiver, 1997). This
approach is based on the assumption that the δ18O
minima equate to monsoonal precipitation maxima
near site 17940, which, in turn, directly parallel the
highs in air temperature (and snow accumulation)
on the Greenland summit (Fig. 4). Indeed, the pro-
nounced δ18O minima in both the Bølling–Allerød
and the Preboreal to early Holocene of core 17940
are readily explained by maxima in summer-mon-
soon precipitation, as the local SST do not show any
comparable increase during these times (see below
and Fig. 9). The δ18O record between the age-control
points that were tied to Dansgaard–Oeschger events
1–10 was simply telescoped in core 17940 (Fig. 4).
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The switch point between the calibrated calendar
ages of the Holocene and the ages derived as direct
equivalents of ice-core stratigraphy occurs at the end
of the YD event, 11,600 yr BP (D equivalent age
according to Alley et al., 1993 and Stuiver et al.,
1995), at 656.5 cm composite depth (c.d.). The lower
end of the YD is constrained by a calendar age of
13; 280 š 110 yr BP obtained for the Allerød δ18O
minimum at 722.5 cm c.d. in core 17940 (Table 3).

In Stages 2 and 3 the difference between the cor-
related ice-core equivalent ages and the foraminiferal
14C ages amounts to 3000–5100 years (Fig. 5). These
anomalies differ from the ‘constant’ age shift of 3500
years, originally inferred from three first coral 14C
dates calibrated by U–Th ages (Winn et al., 1991;
Bard et al., 1998). 14C-age shifts that exceed 3500
years, despite a potentially high 14C-reservoir effect,
imply a substantially increased rate of radiocarbon
production during that time, similar to rates found in
the Nordic Seas (Völker et al., 1998).

In our cores we generally employed the GISP2-
equivalent ages for Stages 2 and 3, for example, for
assessing the global climatic correlations of short-
term climate events. Prior to Stage 3, the astronomi-

Fig. 5. Deviation of AMS-14C ages in core 17940 (corrected for
a 14C-reservoir age of 400 years; Table 2) from GISP2 calendar
ages (broad line) as deduced from tuning the two paleoclimatic
records (Fig. 4A,B). Error bars show 1¦ standard error of 14C
dates. Thin lines depict global 14C-age shift (visual-fit trend
line and envelope) estimated from 14C values measured in two
Nordic Sea cores and tuned to the GISP2 ice record (Völker et
al., 1998). Differences in 14C shifts between records from SCS
and Nordic Seas are assigned to differential 14C-reservoir effect
of SCS surface water.

cally tuned SPECMAP-δ18O stratigraphy (Martinson
et al., 1987) was employed for cores 17954–56 and
17961. In Figs. 3–10a, however, we display the
various stratigraphic records and proxy data from
different cores on the simple depth scale (cm below
sea floor) to provide direct information of original
data (Fig. 10b and Fig. 11 show the SSS records
against calendar years).

3.3. Sedimentation rates

The four δ18O records of the northern core tran-
sect (17937–40; Fig. 1) document a region with the
highest hemipelagic sedimentation rates ever found
in the SCS (25–85 cm=ka; Fig. 4). Accordingly, a
1-cm sampling resolution results in a time resolution
of 20–30 years in the Holocene and about 40 years
in Stages 2 and 3. The sedimentation rates on the
continental slope vary with increasing distance from
the shelf break. The shallowmost site 17940 shows
a maximum thickness of 6.5 m for the Holocene.
More distally, on the deeper continental slope, the
Holocene sediment thickness decreases to about 2.7,
1.5 and 1.1 m in cores 17939, 17938 and 17937,
respectively (Fig. 3a). The glacial sections show the
opposite trend, with sedimentation rates increasing
offshore from 19 cm=ka in core 17940 to 34–35
cm=ka in cores 17939–17937. We assign this trend
to a capture of Holocene river-borne terrigenous sed-
iments on the upper continental slope, in contrast
to an increased sediment transport across the upper
slope during glacial low sea level, when the river
mouths had shifted across the shelf, in part were
probably deeply incised (Fig. 1), and larger portions
of the sediment load bypassed our core transect.

East of Vietnam, the fairly similar δ18O records
of cores 17954, 17955, and 17956 indicate stronger
changes in sedimentation rates, ranging from 2 to
9 cm=ka (Fig. 3a). In the southern SCS the benthic
δ18O stratigraphy (Fig. 3c) results in sedimentation
rates that vary from interglacial 7 cm=ka to glacial
15 cm=ka in core 17961 and reach up to 30–60
cm=ka in (paleo-) nearshore core 17964, rates which
are mainly produced by (hemipelagic) terrigenous
sediment input. It is derived from the Indo-China
Peninsula and the Indonesian Archipelago, espe-
cially, from the emerged Sunda shelf during Stage-2
and Stage-3 times of low sea level.
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Fig. 7. Close-up of variations in terrigenic sediment input across the last deglaciation (600–1000 cm c.d.) in core 17940 as compared to
the planktonic δ18O record. Siliciclastic modal grain sizes (>6 µm) of dust stand for paleowind strength during winter, clay contents
reflect intensity of fluvial sediment input. Thin lines mark levels with AMS-14C dates, broad bars display major abrupt changes in
the terrigenic sediment input and their linkage to δ18O stratigraphy (LGM D Last Glacial Maximum; OD D Oldest Dryas; B=A D
Bølling–Allerød; YD D Younger Dryas. Preboreal–early Holocene maximum in summer monsoon). Horizontal bars near to the right
margin show winnowed (W), eolian dust (E), and fluvial mud (F) deposits (based on Koopmann index; see Fig. 8B).

3.4. Grain sizes of the siliciclastic sediment fraction

Similar to the δ18O records, the grain-size curves
of core 17940 are based on sample spacings of 2
cm equal to a time resolution of 20–50 years in
the Holocene and about 80–100 years in the LGM
and δ18O Stage 3. Sample intervals are 10 cm in
cores 17939 and 17961 and 10–20 cm in core 17964,
resulting in an average time resolution of 500–1500
years over glacial and interglacial stages of the last
140,000 years (Fig. 6).

Fig. 6. (a) and (b). Percent clay (<6.3 µm) and silt modal grain sizes (6.3–63 µm) in the siliciclastic, carbonate-free fraction (<63 µm)
of hemipelagic sediments in core 17940, supplemented by % clay (<6.3 µm) curves of cores 17939 (northern SCS), 17961, and 17964
(southern SCS), where the silt fraction of many samples is partly too small for deducing an unequivocal silt grain-size mode. Horizontal
bars along % clay curves of cores 17940 and 17964 indicate dominance of eolian dust (E), fluvial mud (F), or winnowed deposits (W),
based on the Koopmann grain-size index (Fig. 8; see Section 4.1). The only volcanic ash layer in core 17940 occurs at 1098.5 cm c.d.
δ18O curves are shown for stratigraphic reference (LGM D Last Glacial Maximum; YD D Younger Drays event; * D Preboreal–early
Holocene maximum in summer-monsoon humidity).

Grain sizes (% clay <6 µm and the modal grain
size of silt >6 µm) were measured on the silici-
clastic sediment fraction, i.e. on the carbonate-free
fraction, still including a small but negligible portion
of marine biogenic opal. In general, the clay fraction
is dominating the hemipelagic sediment sections of
the SCS (Fig. 6a). In core 17940, less pronounced
in core 17939, the clay content varies significantly,
with high values of 70–75% in the Holocene, a clear
extreme of 75 to >80% in the earliest Holocene,
low values of 50–55% in the LGM, and striking
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Fig. 8. Correlation of % clay plus fine silt (<6.3 µm) versus silt modal grain sizes (6.3–63 µm) in the siliciclastic, carbonate-free
fraction (<63 µm) of modern hemipelagic surface sediments in the SCS (A) (Grothmann, 1996) and cores 17940 (B) and 17964 (C). I
D group of samples from sea-floor elevations far from continental river discharge with a well sorted grain-size spectrum characteristic of
eolian-dust input. II D group of samples with an excess in fine fraction relative to silt modal grain sizes characteristic of fluvial sediment
discharge. III D group of samples with a deficit in fine fraction relative to silt modal grain sizes, ascribed to volcanic ashes (samples
20–22) and sediment winnowing on the sea floor (‘Koopmann index’; Koopmann, 1981). Numbers in (A) are sample numbers (Table 1).

short-term oscillations of <50 to >60% in late Stage
3. These changes generally parallel the δ18O record,
except for the end of the LGM (Stage 2). Here the
marked increase in clay content from <50 to >60%
begins prior to the onset of glacial Termination Ia
in the δ18O record. The time lag amounts to almost
4000 14C years (926 vs. 850 cm c.d. D 18.0–17.26
ka vs. 14.16 ka; Figs. 6 and 7).

In core 17940 the primary modal grain sizes of silt
>6 µm are fairly stable in Stage-3 and -2 samples
(about 16 µm at 950–1300 cm c.d.). The modes
reach maxima of 20–30 µm near the end of the LGM
(near 910 cm c.d.) and decrease to about 10 µm at
800 cm c.d. (near the start of the Bølling). Further
upcore, they are highly variable over deglacial and
Holocene times (in the top 800 cm c.d.) without
revealing a significant trend. In part, this variability
is an artifact, linked to problems in identifying the
primary silt grain-size modes, once the silt fraction
is very small. The grain-size curve of the more distal
core 17939 runs largely parallel to those of core
17940 over glacial and interglacial times. However,

increasing offshore distance and water depth result
in a systematic loss of coarser, silt-sized grains and
a rise in the clay content by 2–20% between sites
17940 and 17939 (Fig. 6a).

The siliciclastic silt fractions exceed 60% at 1098
cm c.d. in core 17940 (about 30,000 calendar years)
and at 780 cm c.d. in core 17961 (about 75,000
calendar years). These silt layers were identified
under the microscope as volcanic ash deposits.

In the southern SCS, the percentages of clay in
cores 17961 an 17964 just reveal a reversed trend
(Fig. 6b). Here the Holocene (and warm Stages
5.1–5.5) clay contents <6 µm only amount to 88–
91% at (paleo-nearshore) site 17964 and 96% at the
more distal site 17961. In contrast to the northern
SCS, they increase to 93–95% in core 17964 and
to 97–98% in core 17961 during peak glacial and
semiglacial Stages 2–4 (Fig. 6b; no silt modes were
identified at site 17961). Note that the YD event in
core 17964 from the southernmost SCS is reflected
by a short-lasting, almost LGM-style, clay maximum
(not resolved in core 17961).
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3.5. Sea-surface temperature records

The SST records of cores 17940 and 17954 are
based on both planktonic foraminifera (PF) census
counts (PF-SST) and UK

37 data (UK
37 SST). The SST

records of cores 17927 and 17961 are derived from
UK

37 data only (Kirch, 1997; Pelejero et al., 1999).
The UK

37 SST records in Fig. 9 are calibrated to an-
nual mean SST in 0–30 m water depth (Pelejero and
Grimalt, 1997); the PF-based SST estimates are cali-
brated separately to winter and summer temperature
values at ‘the sea surface’ (Thompson, 1981), the
average of which is compared to the UK

37 SST data.
Previous studies using planktonic foraminifera

records (Wang and Wang, 1990; Thunell et al.,
1994) already noted that the glacial-to-interglacial

Fig. 9. Sea-surface temperature (SST) records from the northern (17940), western (17954), southern (17961), and eastern (17927) South
China Sea. Circles and dots are SST estimates at 0 m depth for summer and winter, based on planktonic foraminifera counts (PF)
(FP-12E transfer function of Thompson, 1981). Gray thick lines in cores 17940 and 17954 are annual mean SST based on the average of
winter and summer PF-SST. Diamonds are annual mean SST values for 0–30 m depth, based on the UK

37-index (UK
37 D 0:36T � 0:056;

Pelejero et al., 1999). δ18O curves serve for stratigraphic reference; bold numbers refer to δ18O stages; YD D Younger Dryas; B=A D
Bølling–Allerød. UK

37-SST record of core 17927 from Kirch (1997). Arrows mark modern annual mean SST values at 0–30 m.

variations of winter SST were much higher in the
SCS than those found in the open West Pacific at
similar latitudes. This difference implies a strongly
increased local seasonality in the SCS during glacial
periods.

Core 17940 provides the most detailed UK
37 SST

and PF-SST records over the last 40,000 years to es-
timate the climatic changes off South China (Fig. 9).
Summer SST remained almost constant over the en-
tire time span of the last glacial cycle. In contrast,
the winter temperatures show a number of short-
term negative oscillations by about 12ºC during
δ18O Stage 3. They just parallel the ‘warm’ δ18O
minima. The SST minima during Stage 2 match
high δ18O values and culminate near the end of the
LGM. Later, the winter SST indicate a long-term
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Fig. 10. (a) Sea-surface salinity (SSS) records covering up to 220,000 years in the South China Sea. Using the transfer equation of L. Wang et al. (1995), SSS values are
calculated from (1) δ18O of Globigerinoides ruber after subtracting the global ice effect (Labeyrie et al., 1987; Vogelsang, 1990), and (2) UK

37-based estimates of annual mean
SST for 0–30 m (Fig. 9). δ18O curves serve for stratigraphic reference; bold numbers refer to δ18O stages; YD D Younger Dryas; B=A D Bølling–Allerød. SSS record of core
17927 based on Kirch (1997). Vertical arrows mark modern mean SSS (0–30 m).
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Fig. 10 (continued). (b) Close-up of SSS variations at site 17940, which are generally reversed to the δ18O-temperature oscillations in the
GISP2 ice record (Grootes and Stuiver, 1997). Numbers are Dansgaard–Oeschger events.

gradual warming until the middle Holocene, about
6000 calendar years (at 360 cm c.d.). This long-term
trend was interrupted several times by short cooling
episodes, an unexpected one in the Bølling, one less
spectacular in the YD, and an especially marked
episode in the early Holocene, about 8200 calendar
years (480 cm c.d.). Prominent depressions of winter
SST also occur in the late Holocene (240–180 cm
c.d. and 95–55 cm c.d.), about 5.2–3.4 and 2.0–1.0
thousand calendar years ago. As predicted, the ma-
jor and minor minima in winter SST indeed involve
maxima in seasonality.

The temperature variations off South Vietnam
(core 17954; Fig. 9) closely resemble the variability
found off Hong Kong. Most salient minima in win-
ter temperature (shifts reaching 3–6ºC) and maxima
in seasonality occurred during Stage 2, several times
during Stage 3, earliest Stage 4, Stages 5.2 (!), 5.4,
and 6.2–6.4, and particularly strong at the onset of
Stage 6.6. During warm Stage 5.5 the UK

37 SST esti-
mates exceeded the Holocene values by about 1.0ºC.

West of Luzon (core 17927; Fig. 9) the UK
37 SST

estimates show a gradual increase by about 4ºC
from glacial Stage 2 to the middle Holocene, with
a short-term but pronounced cooling by 4ºC in the
earliest Holocene (at 200–230 cm core depth).

In the southern SCS (core 17961; Fig. 9) the long-
term annual UK

37 SST variations did not exceed 3ºC.
Note that the SST values of the warm Eemian Stage
5.5 were about 1ºC higher than during the Holocene,
similar to the UK

37 SST record off Vietnam. Hence
this feature may be of general climatic significance
in the SCS.

3.6. Sea-surface salinity records

Past SSS variations in the northern, western,
southern, and eastern SCS (Fig. 10) range from
about 30 to 36‰ over interglacial-to-glacial times.
Especially, SSS changes mark some extremely short-
lasting, millennial-scale events that form a sensitive
record of changes in monsoon moisture along the
margins of the SCS.

4. Discussion: past variations in East Asian
monsoon

4.1. Records of continental wetness and aridity

Variations in the intensity of wet summer and
dry winter monsoon are deduced from the history of
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Fig. 11. Holocene changes in δ18O-based temperature record of Greenland ice-core GISP2 (Grootes and Stuiver, 1997) versus sea-surface
salinity (SSS) changes at site 17940 off Hong Kong over the last 10,000 years. Origin of SSS record as in Fig. 10. Data are presented in
the time (upper panel) and frequency domain (lower panel). Major temperature lows (δ18O minima) on Greenland summit were coeval
with SSS maxima, equal to lows and subsequent highs in monsoon precipitation in subtropical South China (e.g. at the end of the
Preboreal maximum in summer monsoon, about 8250 yr BP). During the last 400 years, since the onset of the Little Ice Age, a drop
in monsoon precipitation parallels growing amplitudes of δ18O fluctuations in the ice record. For spectral analysis (Blackman–Tukey
method; AnalySerie program of Paillard et al., 1996) the SSS record was detrended by a third-polynomial fit (upper panel) and spline
interpolated on equidistant steps of 30 years with 25% lag. Horizontal bar shows band-width. Numbers in the SSS power spectrum are
significant periods in years, which exceed the upper limit of red noise at 80% confidence level (dotted line).
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continental aridity in South China, which in turn is
controlling the fluvial and=or eolian sediment sup-
ply to the continental margin in front of the Pearl
River mouth, southeast of Hong Kong. Here the
hemipelagic sediments in cores 17939 and 17940
contain a detailed record of past changes in the
eolian and fluvial sediment input. In a first approxi-
mation, we distinguish the two different sources by a
simple empirical relationship between the percentage
of siliciclastic fine fraction (<6 µm) and the primary
modal grain size of siliciclastic silt (>6 µm), as
shown in the diagrams of Fig. 8. This approach
was successfully defined and employed by Koop-
mann (1981; modified by Stein, 1985) for deposits
along the West African continental margin and so
far presents the only semiquantitative, hence crucial
measure for separating dominantly eolo- from flu-
viomarine samples in a hemipelagic sediment record.
Our records of past changes in aridity and wetness
on the mainland next to the SCS are supported by in-
dependent evidence from pollen (Sun and Li, 1999)
and paleosalinity (SSS) data. Silt modal grain sizes
form also a measure of past wind strengths (Sarn-
thein et al., 1981), in our case, of the winter monsoon
that carries the eolian loess to the SCS.

In the Koopmann diagram of modern surface sed-
iments in the SCS (Figs. 1 and 8A; Grothmann,
1996) only few samples occupy Field I. They largely
stem from elevated sea-floor positions distal to river
mouths, such as the central reef platform, or from
locations that are secluded from fluvial supply in the
nepheloid layer by (small-scale) ridges and trenches.
In Field I the grain-size modes of silt increase
with decreasing clay contents, hence are well sorted
and typical of eolian-dust transport. However, more
hemipelagic sediment samples from the northern and
southern SCS show an excess in clay fraction <6
µm relative to silt-modal grain sizes and occupy
Field II in Fig. 8A. As defined by Koopmann (1981),
this excess is characteristic of fluvial sediment input.
Off Hong Kong, the abundant clay deposits on the
upper continental margin may largely originate from
the Pearl River which ranks as the second largest
river of China in water discharge (320 km3=yr; next
to the Yangtze River) and has a modern catchment
area of about 442,600 km2. It is subject to intensive
monsoon precipitation during summer, resulting in
an annual sediment load of 11 billion tons (Zhang

et al., 1994). Finally, grain-size Field III (Fig. 8A)
groups sediment samples with a relative deficit in
clay, indicative of both volcanic ashes (samples 20,
21, 22) and a loss of fine sediments due to winnow-
ing near the sea floor (samples 26, 31,36, 55, 56,
58).

Both the distribution of these three grain-size
groups in core 17940 and the prominent rise in %
clay in cores 17940 (<630 cm) and 17939 (<270
cm; Figs. 6–8) show that the supply of fluvial sed-
iments in the northern SCS was largely confined to
the Holocene and a short precursor signal in the
Bølling (at 755 cm depth). The sediment records
imply (1) a sudden increase in summer-monsoon
rains right after the YD, which developed over less
than few decades, (2) maximum rains during the
Preboreal and earliest Holocene, and (3) a mod-
est decrease in precipitation subsequent to the early
Holocene clay maximum. A very first postglacial
increase in clay content in cores 17939 (<425 cm)
and 17940 (<920 cm) already occurred as early as
18,000 14C years, which implies that modest fluvial
input and monsoon rains began much earlier than the
Bølling.

The broad Preboreal–early Holocene maximum in
runoff and precipitation in China goes along with a
marked minimum in sea-surface salinity (SSS) in
the western and northern SCS, most pronounced at
site 17940 in front of the Pearl River (Fig. 10). The
SSS minimum clearly derives from a δ18O mini-
mum (Figs. 3 and 4) and conjugate low UK

37 SST
values during that time (Fig. 9). Off Hong Kong
the salinity reduction reached down to 32.6‰ and
thus can hardly stem from an inflow of West Pa-
cific water but was necessarily linked to enhanced
local precipitation during summer. These rains imply
a strongly intensified summer monsoon that carried
more marine moisture into subtropical South China.
The timing of this event is coeval with an early
Holocene maximum in monsoon precipitation which
occurred in the countries encompassing the Arabian
Sea (Sirocko et al., 1993). This synchroneity sug-
gests a hemisphere-wide joint forcing of long-term
(and short-term) changes in the hydrological cycle
of the Asian monsoon. In the western and southern
SCS also cores 17954, -56, and -61 show a distinct
δ18O-freshwater signal during the earliest Holocene,
possibly linked to an enhanced runoff of the Mekong
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River (Fig. 1). In other cores (Fig. 3a and Fig. 10)
the signal is less significant, partly because of lower
sampling resolution, partly because of core locations
that are too distant from the major river mouths.

In contrast to the last 14,600 calendar years, early
Termination IA and δ18O Stages 2 and 3 in core
17940 are free of (hemipelagic) fluvial deposits but
dominated by eolian-dust discharge and sediment
winnowing (Fig. 6a and Fig. 7; Field-I and -III sam-
ples only in Fig. 8B). Downslope winnowing is also
reflected by an increased lateral supply of shallow-
water ostracods (Zhou and Zhao, 1999) and possibly,
by the extremely low clay content. In part, the ab-
sence of riverine sediments off Hong Kong during
the LGM may result from the local morphology of
the continental slope (Fig. 1). Here the glacial low
sea level has led to a significant downcutting of the
Pearl River mouth. Accordingly, any potential flu-
vial sediment discharge may have bypassed our core
transect via canyons across the slope farther to the
west and may be better encountered in the cores near
the base of the slope.

Nevertheless, the joint lack of fluvial sediments
and massive eolian-dust supply at core site 17940
during the LGM together form a substantial record of
continental aridity in South China. This conclusion
is corroborated by further evidence.

(1) During Stages 2 and 3 the grain-size modes
of silt amounted to 15–20 µm (Fig. 7; core 17940),
values that are characteristic of loess deposits in
Central China (Xiao et al., 1995; Porter and An,
1995). Near 18,000 14C years (940–890 cm c.d.),
coeval with the solar insolation minimum and peak
LGM about 21,000 calendar years, the grain-size
modes reach 25–30 µm and depict a clear maximum
in the strength of winter monsoon.

(2) The dominance of pollen from semiarid and
Alpine regions at site 17940 (Sun and Li, 1999)
demonstrates that the LGM pollen were dust-borne,
originating from regions in (South) China that were
dry and cold.

(3) During the LGM the SSS values at site 17940
were indeed 1.0–1.5‰ lower than today, pretending
more wetness. However, they were >1‰ higher than
during Termination I, 14.6–9.5 thousand calendar
years ago (Fig. 10b). Since the glacial Pearl River
mouth moved very close to site 17940 across the
emerged broad shelf with the low sea level (Fig. 1),

this sums up to a major drop in fluvial runoff from
South China.

In summary, the great contrasts between glacial
and interglacial sediment records imply a fundamen-
tal change in the climate of China, a switch from
the glacial dominance of winter monsoon to a dom-
inance of summer monsoon. Its close ties to the
Bølling and Holocene climate may also involve that
typhoon storms in South China are a feature charac-
teristic of interglacials and rare during glacials.

During Stage 3 short-term and coherent oscilla-
tions of SSS and the clay fraction in core 17940
(below 1050 cm c.d.) record a monsoon climate over
South China, that was highly variable on short time
scales, per analogy to the loess record of Porter
and An (1995). At 1260–1300 cm c.d. the strong
concentration of eolian dust, coarsened modal grain
sizes, and a salient clay minimum match a marked
SSS maximum (Fig. 6a and Fig. 10b), hence docu-
ment a peak in aridity. It was dated to about 35,000
14C years and tentatively assigned to (cold) Heinrich
event 4 (Bond and Lotti, 1995) (Fig. 4). Directly sub-
sequent (at 1260–1230 cm c.d.), a lack of eolian-dust
samples, increased clay, and markedly reduced SSS
values record a phase of humid climate linked to the
(warm) Dansgaard–Oeschger event 8. Similar but
less conspicuous oscillations of climate occur in core
17940 near 1110 cm c.d. (Figs. 4 and 6a) and may be
linked to Heinrich event 3 and Dansgaard–Oeschger
event 4 (about 25,000 14C years). Per analogy with
the Bølling–YD–Preboreal oscillation we conclude
that also the short events of continental aridity in
China were tied to events of global cooling and
vice versa, phases of continental humidity to global
warmings on millennial and shorter time scales, i.e.
to the Dansgaard–Oeschger events.

In the tropical southern SCS (cores V35-5, 17961,
and 17964) the interglacial-to-glacial changes in ter-
rigenic sediment supply and paleoceanography were
equally affected by changes in sea level and climate.
The glacial lowering of the sea level down to about
�120 m led to (1) an emerged Sunda shelf, (2) a shift
of its shoreline to the vicinity of site 17964 (Fig. 1),
and (3) the creation of two major, Amazone-style
tropical river deltas at the shelf margin, linked to the
Mekong and Molengraaff rivers (Evans et al., 1995;
Stattegger et al., 1997). These great shifts in shore-
line and fluvial discharge may readily explain (1)
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an abrupt, but long-lasting increase in sedimentation
rates and % siliciclastic clay at the Stage 5–Stage 4
boundary, and (2) the abrupt decrease in % clay and
sedimentation rates (by a factor of 2) at both glacial
Termination II and the end of the YD (Fig. 6b; cores
17961 and 17964).

The siliciclastic sediment fraction hardly contains
any short-term signals of climatic change during
Stages 2–4. Short-term variations in clay content
(<6 µm) did not exceed 1% at site 17961 (at a
level of 97%) and 2% at site 17964 (at a level of
74%; Fig. 6b) which occurred close to the shoreline
at low sea level. In a Koopmann diagram (Fig. 8C)
the Stages 1–2 grain-size data of core 19764 occupy
Field I only, with a relative excess in clay (except for
an eolian origin of the core-top sample). It implies a
persisting riverine origin of the terrigenous sediment
fraction near the Equator (5ºN) during glacial and
interglacial times.

This uniformity entails that fluvial runoff and pos-
sibly, tropical conditions continued on the emerged
Sunda subcontinent during glacial times, an impor-
tant contribution to the current debate, where to find
— on a global scale — the major glacial refuges of
tropical forest (Prentice and Sarnthein, 1993). The
model of a tropical rainforest on the glacial Sunda
shelf is strongly supported by the pollen assemblage
from the glacial section of core 17964 (X. Sun, pers.
commun., 1997).

However, the simple model of purely sea-
level-induced changes in freshwater discharge can
hardly explain many long-term changes in pale-
osalinity found in core 17961 from the southern
SCS (Figs. 1 and 10a). At this more distal site, SSS
values have decreased by up to 2‰ only during and
subsequent to the LGM. This SSS low documents
a freshwater lid that culminated during Termination
I and the earliest Holocene, just in contrast to the
coeval sea-level rise and flooding of the Sunda shelf.
Likewise, the great sea-level fall during early glacial
Stage 4 did not induce the expected salinity reduction
which occurred only later in Stages 4 and 3.3. On the
other hand, the SSS values indeed increased during
Termination II and reached the expected maximum
along with the high sea-level stand of Stage 5.5, such
as in the late Holocene. In conclusion, the long-term
glacial-to-interglacial variations in tropical moisture
are not yet fully understood.

The same problem applies to some prominent but
very short-lasting changes in the tropical freshwater
balance, which result from the paleosalinity record
of core 17961. Here the δ18O record defines two
major salinity reductions by almost 4‰ near 25 and
34–40 thousand 14C years (Fig. 3a and Fig. 10). Un-
fortunately, the dating precision is still insufficient
because of the unknown local 14C-reservoir effect in
the glacial SCS. Hence the major question remains
unsolved, whether these events were linked to (cold)
Heinrich events 3 and 4 or, more likely, rather to
the subsequent warm Dansgaard–Oeschger events 4
and 8. The answer will be crucial for assessing the
tropical moisture budget in the Asian monsoon re-
gion, also for extending or limiting the early findings
of Duplessy et al. (1981), which suggested a con-
centration of the LGM monsoon precipitation to the
equatorial Indian Ocean.

4.2. Six premises on glacial-to-interglacial changes
and short-term variability of the South China Sea

Published data (e.g. CLIMAP project members,
1981; Wang and Wang, 1990; P. Wang et al., 1995;
Metzger and Hurlbert, 1996) suggest a number of
features in SCS paleoceanography during cool and
glacial stages, that may be tested by means of our
proxy data.

(1) At any sea-level drop exceeding 40 m, as from
the base of Stage 4 until the end of the YD (Chappell
et al., 1996), the Borneo sea strait was closed and
the presently important inflow of warm surface water
from the equatorial West Pacific cut off; hence the
SCS basin turned into a semiclosed ‘sack system’
(Fig. 1).

(2) By its potentially estuarine circulation the iso-
lated inner SCS may have been highly sensitive to
oxygen depletion, enhanced by any minor increase
in freshwater input. The sensitivity was increased by
the specific back-arc setting of the emerged broad
Sunda shelf, which directed an immense continen-
tal runoff to the east, into the SCS, including the
Mekong River from the eastern Himalayas.

(3) During glacial winter a stronger northerly
monsoon may result in intensified anti-clockwise
surface circulation along with an enhanced inflow of
cooler water through the Luzon strait and a strong
SST drop off South China. Here no upwelling is
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conceivable, definitely however, near the northern tip
of Luzon (Ekman pumping).

(4) Wind-driven variations in the inflow of
surface=subsurface water from the W. Pacific may
also control intra-Holocene shifts in the oceanogra-
phy of the SCS.

(5) The decreased glacial summer monsoon pos-
sibly was still sufficient for driving a weak clockwise
circulation, which implies warm tropical summer
SST off South China such as today, a strong season-
ality, and a persisting but reduced upwelling intensity
southeast of Vietnam (Fig. 1).

(6) Off South China the nutrients in glacial sur-
face water were probably enriched by both eolian-
dust discharge and an enhanced inflow of upwelled
nutrient-rich water through the Luzon strait during
winter. In the central SCS we may expect a de-
crease in nutrients during glacial summer because of
reduced monsoon and upwelling intensity. In con-
trast, plenty of nutrients may derive from the tropical
Mekong and Molengraaff rivers near the southwest-
ern margin of the SCS.

4.3. Changes in monsoon-driven deep- and
surface-water oceanography

Premises 1 and 2. As soon as the sea level dropped
by more than 40 m, the SCS turned into a largely
separate estuarine basin that indeed was highly sus-
ceptible to oxygen depletion below the mixed surface
layer. An estuarine circulation also characterizes the
modern and early Holocene SCS, as shown by low
epibenthic δ13C values near 0‰ in the southern SCS
at 1550 m water depth (core 17964; Fig. 3c). These
values are similar to the δ13C signature of lower
intermediate water (Sarnthein et al., 1988) that de-
bouches from the West Pacific into the SCS. During
Stage 2 the epibenthic δ13C values dropped to �0.5
to �1.6‰ directly in front of the emerged Sunda
shelf (core 17964; Fig. 3c). This δ13C range was
lower than almost everywhere else in the glacial
ocean (Sarnthein et al., 1988, 1994b), including the
well-known glacial δ13C minima in the deep south-
ern Indian Ocean (down to �1.0‰; Rosenthal et al.,
1997) and along the northern margin of the SCS
at 1700–3800 m depth (0 to �0.8‰ in core 17940
in Fig. 3c; more data in Winn et al., 1992). From
these benthic δ13C values we infer an extreme oxy-

gen-minimum layer that developed near the southern
margin of the SCS during glacial and cold Stages
2–4 and 6 and conclude on a stable estuarine strat-
ification of the surface water in conjunction with
high fluxes of organic carbon (Kienast, 1996). This
model is in line with the coeval extensive tropical
runoff deduced from both the ongoing deposition
of hemipelagic fluvial sediments at sites 17961 and
17964 and, especially, from the extreme low-salinity
spikes at site 17961 during late Stage 2 and Stage 3,
discussed above (Fig. 6b and Fig. 10).

Premises 3 and 5. Glacial-to-interglacial changes
in sea-surface temperatures of the SCS (Fig. 9)
basically confirm the changes predicted from the
strengthened seasonality of glacial monsoon winds
and vice versa, from the interglacial drop in wind
seasonality. The SST estimates based on PF counts
indeed were almost constant during glacial and inter-
glacial summer near the northern and western margin
of the SCS, likewise in the southeastern sector (Miao
and Thunell, 1994). In contrast, winter SST dropped
all over the SCS by 4–7ºC during glacial times.

By contrast to PF-based SST values, the
UK

37-based estimates of annual mean SST (at 0–
30 m) only depict the general interglacial-to-glacial
decrease in SST, from 27.5ºC to ¾24ºC in the north,
from 27.5º–28.5ºC to ¾24ºC in the west, from 28º–
29ºC to ¾26ºC in the south, and from 27.5–29ºC to
¾24ºC in the east (Figs. 1 and 9). Altogether, the
glacial-to-Holocene anomalies of annual mean SST
decrease from ¾4–5ºC in the north, east, and west to
<3ºC in the south.

A closer inspection of the differences between
the records of annual mean SST deduced from PF
counts and from UK

37 provide some important in-
sights into the variable relative importance of past
SST seasons for the formation of the UK

37 signal in
coccolithophores. In the northern SCS (core 17940;
Fig. 9), UK

37-based SST simply match the annual
means calculated from PF-based SST values for
summer and winter during the Holocene and Late
Pleistocene (but exceed the actual modern SST value
by almost 1ºC). In core 17954 (Fig. 9) just the late
Holocene UK

37-based SST values match the PF-based
estimates of annual SST. However, the UK

37-based
SST come near to the PF-based winter SST during
the last glacial and near to PF-based estimates for
summer SST during the Eemian warm Stage 5.5.



L. Wang et al. / Marine Geology 156 (1999) 245–284 271

The differential affinity of UK
37-based annual mean

SST to summer, winter, or mean PF-SST may have
different reasons. On the one hand, the variations
may reflect strongly different accentuated bloom
seasons of coccolithophores, linked to strongly dif-
ferential nutrient fluxes (see premise 6). On the other
hand, the differential affinity of the UK

37 signal may
result from large-scale changes in the wind-driven
lateral inflow of warm or cold water masses from
outside the SCS.

Based on a recent calibration approach using 370
sediment and trap sites in the global ocean from
60ºS to 60ºN (Müller et al., 1997, 1998), the UK

37
paleotemperature index revealed a generally excel-
lent correlation with annual mean SST from 0 to 10
m water depth, but no discernible influence of the
seasonality of primary production. Likewise, sedi-
ment-trap data from the SCS depict roughly equal
fluxes of coccolithophores during both winter and
summer monsoon, but no significant seasonal dif-
ference (Wiesner et al., 1996). Accordingly, we can
hardly assign the past shifts in the seasonal affin-
ity of our UK

37-SST data to potential changes in the
seasonal nutrient level of surface water. This result
especially affects the SST record of core 17954 from
the outmost northern margin of the upwelling zone
southeast of Vietnam (Figs. 1 and 9), where any
interglacial strengthening of the summer monsoon
and upwelling might indeed lead to a higher nutrient
level than during winter and thus bias the UK

37-based
SST signal toward the summer season. However,
the wind-induced upwelling will primarily result in
a cooling of surface water, similar to that in the
northern Arabian Sea, an effect just opposed to the
overshoot in interglacial warming of UK

37-based SST
values (Fig. 9).

A comparison with the benthic δ18O record of
global sea-level change (Labeyrie et al., 1987; sim-
ilar to the δ18O record of core 17961, Fig. 3c)
may help to constrain the actual changes in pale-
oceanography that finally controlled the enigmatic
overshoots in warm and cold UK

37-based annual mean
SST at site 17954 (and 17961). Note that the warm
‘overshoot’ is strictly confined to the sea-level high
stand of Stage 5.5 (C6 m), but does not match any
particular maxima in PF-based mean SST (Fig. 9).
During this time the summer inflow of warm sur-
face water from the tropical West Pacific reached a

maximum via the sea strait of Borneo such as today
(Wyrtki, 1961). At site 17954 it probably suppressed
any cooler SST signals entering from the West Pa-
cific via the strait of Luzon during winter, possibly
also at site 17961. Vice versa, the UK

37-based SST
averages closely match the PF-based SST averages
during Stages 5.4–5.1, when the sea level dropped
and the diameter of the Borneo strait was reduced.
Finally, the UK

37-based SST averages shifted close to
the PF-based winter values as soon as the strait was
shut over Stages 4–2. During this time much cooler
surface water prevailed in the whole SCS, in part
probably advected from the upwelling cell near the
northern tip of Luzon (Metzger and Hurlbert, 1996;
Pflaumann and Jian, 1999; P. Wang et al., 1995), a
mechanism also suggested by the increased nutrient
content (see below).

In summary, the long-term interglacial-to-glacial
variations in UK

37-based annual mean SST in the
SCS were also controlled by the major changes
in sea level. They led to the closure and opening
of the Borneo strait, thereby turning off and on
the lateral inflow of warm surface water from the
tropical Pacific (!). This advection competed with the
incursion of cool surface water across the strait of
Luzon along with the strengthened winter monsoon.

In contrast, the short-term, millennial-scale vari-
ations of PF-based and UK

37-based SST show con-
troversial trends, only little understood: winter SST
in core 17940 (Figs. 4 and 9) just decreased dur-
ing warm Dansgaard–Oeschger events 6–8 and the
warm Bølling. Moreover, the warm Preboreal did not
lead to the expected strong SST increase. In con-
trast, the SST values increased during cold Heinrich
event 4, but also along with the warm Dansgaard–
Oeschger events 3–4 and the Allerød. Three major
coolings during the early and late Holocene (see be-
low) occur in the PF-based SST records only. In part,
these contradictions may be linked to the limits of
the PF-12E transfer function employed (Pflaumann
and Jian, 1999).

4.4. Variations in the fertility of the South China Sea
(premise 6)

In modern sediments of the SCS the nutrient con-
tent of surface water is reflected in the planktonic
δ13C record of G. ruber s.s. (white), while the nu-
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Fig. 12. Modern δ13C-distribution patterns of G. ruber s.s. (white) (A) and P. obliquiloculata (B) (modified from Grothmann, 1996). Low
δ13C values reflect high nutrient contents in surface (G. ruber) and subsurface water (P. obliquiloculata).

trient level of subsurface water is mirrored in the
δ13C record of the subsurface dweller Pulleniatina
obliquiloculata (Fig. 12A,B; Broecker and Peng,
1982; Sarnthein and Winn, 1990; Grothmann, 1996;
Pflaumann and Jian, 1999). A tongue of low δ13C
values of G. ruber (<0.9‰) and P. obliquiloculata
(<0.4‰) traces the inflow of nutrient-enriched sur-
face and subsurface water from the Luzon strait into
the SCS. Today the flow advances along the conti-
nental margin of South China up to a position south
of Hong Kong (Fig. 12A) and is linked to the win-
ter monsoon (Metzger and Hurlbert, 1996). The rich
nutrients of the flow originate from an upwelling cell
near the north tip of Luzon, whereas the Kuroshio
current is nutrient depleted.

A second δ13C low of G. ruber (<1.2–<0.9‰)
occurs south of Vietnam and depicts the nutrient-
enriched surface water in the upwelling belt, induced
by the summer monsoon (Fig. 1; Wiesner et al.,
1996). The δ13C minimum in the far southwest may
be also linked to the prominent nutrient discharge of
the Mekong and other tropical rivers. On the other

hand, high δ13C values of >1.3 to >1.5‰ classify
the surface water (but not the subsurface water) in
the remaining parts of the SCS as largely nutri-
ent depleted. Our coarse grid of modern δ13C data
cannot detect any narrow-sized nearshore nutrient
sources linked to rivers (during summer) and eolian
dust (during winter) entering from the north and
northwest.

However, as soon as the sea level dropped and
the shoreline of China moved closer to shelf break,
the variable local input of fluvial and eolian nutri-
ents probably played a more important role in the
nutrient budget of surface water at the proximal
site 17940 (Fig. 3b and Fig. 12C). For example, low
planktonic δ13C values depict extremely enriched nu-
trients during Termination I and the early Holocene.
This fertility has triggered also a short-lasting ex-
treme, organic-fluff-induced benthic δ13C minimum
of �1.4‰ (Fig. 3c). Based on the siliciclastic grain-
size data (Fig. 6) we can ascribe this Preboreal event
to outstanding runoff from the Pearl River.

Different from our expectation, the planktonic
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Fig. 12 (continued). (C) δ13C-distribution pattern of G. ruber
(white, s.s.) during the LGM (15–20 thousand 14C years).

δ13C level at sites 17939=40 was low also during
glacial Stage 2. In part, this high nutrient level may
stem from the massive input of glacial loess. On
the other hand, the rich nutrients may reflect the
intensified glacial inflow of nutrient-rich surface and
sub-surface water from the Luzon strait during win-
ter (Fig. 12C). However, this glacial nutrient inflow
appears stronger diverted to the south along Lu-
zon (Thunell et al., 1992), away from the transect
off Hong Kong. This finding is in line with the
glacial SSS distribution (Fig. 10a), showing gener-
ally higher, i.e. ‘Pacific’, values near Luzon (core
17927: 34–35‰) than off Hongkong (core 17940:
33.5–34.2‰). Thus the glacial nutrients at sites
17939 and 17940 may rather originate from ter-
rigenous input than from the inflow.

During the middle to late Holocene and Stage
3, low nutrients (¾1.3–1.6‰ and 1.25‰ δ13C) pre-
vailed in cores 17939 and 17940. Here some short-
term excursions to higher nutrients may be linked
to (warm) Dansgaard–Oeschger events 3=4 and 8
(Fig. 3b and Fig. 4).

Southeast of Vietnam the δ13C values of core
transect 17954–17956 (Fig. 3b) record past changes
in the nutrient content of surface water across the
(summer) monsoon-driven upwelling belt (Fig. 1;
Wiesner et al., 1996). Over the last 230,000 years
the δ13C values in the southernmost core 17956 were
generally somewhat lower than further north (though
less well resolved). Thus, the fertility was continu-
ously lower in the north than in the south, where
upwelling is strongest, such as today (Fig. 12A).
Based on high δ13C values in all three cores (1.0–
1.7‰) the nutrients were low during glacial and cold
Stages 2, 3, 5.2, 5.4, 6, etc., which indicates weak
upwelling intensity. In contrast, extremely low δ13C
values of 0.4–0.6‰ document an outstanding abun-
dance of nutrients and strong upwelling and summer
monsoon during Termination I and early Stage 1,
more salient during Termination II and early Stage
5.5, and less prominent across the Stage 4–Stage 3
boundary (Fig. 3b and Fig. 13a).

In addition to monsoon-driven upwelling, the nu-
trients in the southwest SCS may also reflect maxima
in the fluvial nutrient input, linked to increased mon-
soon rains and=or snow melt in the Himalayas (via
the Mekong River) along with glacial terminations.
In these periods the sea level was still low and the
Mekong and Molengraaff rivers discharged near to
the break of the Sunda shelf (Fig. 1). This concept
is indeed supported by short-lasting and significant
drops in SSS (11.5‰) found at site 17954 during
Terminations I and II, during Stage 5.3 and, less clear,
at Stage 5.1 (Fig. 10a). The high nutrient discharge of
rivers from the glacial ‘Sunda Land’ is documented
more directly by extremely low glacial and early
deglacial planktonic and (organic-fluff-induced) ben-
thic δ13C values at sites 17961 and 17964 (Fig. 3b,c),
then lying proximal to the Sunda coastline.

Our results on monsoon-driven maxima in fluvial
nutrient supply and summer upwelling during glacial
Terminations I and II match the common expecta-
tions on the variability of the monsoon, expectations
which are based on (1) the orbital periodicities in
the intensity of the Indian monsoon, deduced from
sediment records from the Arabian Sea (Clemens
et al., 1991; Sirocko et al., 1996), and (2) on at-
mospheric climate modeling (Prell and Kutzbach,
1987; Kutzbach and Gallimore, 1988; Kutzbach et
al., 1996).
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4.5. Intra-Holocene variations and periodicities of
the monsoon regime (premise 4)

Prominent minima in winter and less, in summer
PF-SST form striking signals of Holocene climatic
change in the northern SCS about 8.2, 5.2–3.4, and
2–1 thousand calendar years ago, i.e. roughly ev-
ery 3000 years (core 17940; Figs. 4 and 9). The
minimum near 4500 calendar years ago is widely
observed in Holocene sediments of West Pacific
marginal seas (Oda and Takemoto, 1992; Jian et al.,
1996; Wei et al., 1998), but not in the Kuroshio
intensity (Sawada and Handa, 1998). The three cool
events also match a reduction or disappearance of
P. obliquiloculata, a deep-dwelling tropical warm-
water species (Pflaumann and Jian, 1999). Based on
both the spatial distribution pattern (Pflaumann and
Jian, 1999) and δ13C composition of this species
in modern sediments (Fig. 12B; Grothmann, 1996)
P. obliquiloculata can trace the outlined nutrient-
rich inflow of upwelled water from the Luzon strait
into the SCS during winter. Accordingly, the intra-
Holocene phases with an apparent PF-based tem-
perature drop at site 17940, which are paralleled
by a disappearance of P. obliquiloculata, may just
reflect a short-lasting southward deflection of the in-
flow from the east, probably linked to an increase in
winter monsoon.

More far-reaching informations on the extent and
frequency of short-term changes in the Holocene
climate of South China were obtained from the ul-
trahigh-resolution paleosalinity record of core 17940
adjacent to the freshwater plume of the Pearl River
(Figs. 1 and 11; 20–40 yr sample spacings). Here
the match of the early Holocene coastline at 20 m
water depth with the modern coastline of China (Hy-

Fig. 13. Summary schemes of variations in the East Asian monsoon over the last glacial cycle versus changes in solar insolation at 60ºN
and 30ºN (Berger and Loutre, 1991). These latitudes represent the two end-member regions of the Asian winter and summer monsoon on
land and on sea, characterized by totally different surface conditions. Arrows on top and bottom of the panel with the monsoon scheme
point at increasing monsoon intensity. (a) Monsoon cycles over the last 220,000 years as inferred from a smoothed nutrient=upwelling
record of planktonic δ13C minima (G. ruber) and the SST-seasonality record of planktonic foraminifera counts in core 17954 (data in
Fig. 3b and Fig. 8). Peak glacial seasonality and winter monsoon largely correspond to minimum insolation during summer and a reduced
insolation anomaly between land and sea. Vice versa, interglacial culminations in summer monsoon, such as about 10,000–11,000 yr
BP, parallel maximum insolation and maximum insolation anomalies between land and sea during summer (shaded bands). (b) Blow-up
of monsoon variations over the last 40,000 years, based on variations in the differential input of siliciclastic sediments and SSS at site
17940 (Figs. 7 and 10a). Termination Ia and Ib (T Ia and T Ib), the Younger Dryas (YD), Bølling–Allerød (B=A), and Heinrich events 1,
3, and 4 (H1, H3, H4) are labeled.

drographer of the Navy, 1985) precludes any lateral
shift of the coastline along with 20 m of sea-level
rise over the last 10,000 years (Fairbanks, 1989), dif-
ferent from the great glacial-to-interglacial changes.
Thus, any Holocene SSS oscillations at site 17940
do not reflect a differential proximity to the Pearl
River mouth but directly document the changes in
monsoon rain in South China and the resulting fresh-
water discharge. This monsoon record is compared
with the δ18O record of the ice-core GISP2 in Fig. 11
(Grootes and Stuiver, 1997).

Only after the marked early Holocene maximum
in freshwater supply our SSS estimates reach grad-
ually the general Holocene level of about 34.5‰.
About 8300–8100 calendar years ago the SSS val-
ues arrive at a short-lasting double peak of 35.5‰
and a subsequent, very short drop to 34.4‰, indi-
cating a centennial oscillation from extreme aridity
to extreme humidity. The SSS maxima are coeval
with a major Holocene climatic cooling in Green-
land (Fig. 11) and Antarctica (Ciais et al., 1992).
Further upcore, the SSS record shows uniform varia-
tions of š0.7‰ around the Holocene mean. Over the
last 600 years the SSS values increased from a short-
term average near 34.5‰ to the present average of
35.2‰. This increase may result from a recent reduc-
tion in monsoon rain since the early Little Ice Age,
in parallel with a temperature rise in South China
(and the Northern Hemisphere in general; Bradley
and Jones, 1993). Based on the cyclic structure of
the SSS record a fast return to a stronger freshwater
input may be impending soon.

The fluctuations in SST and SSS over the last
10,000 years reflect submillennial periods of 775
years and 102=84 years in the East Asian monsoon
regime, periodicities that each exceed the upper limit
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of red noise at 80% confidence level (Fig. 11) and
lie far below the established range of Milankovitch
orbital forcing. Similar periodicities also occur dur-
ing Stages 2 and 3, but were not defined precisely
because of insufficient time control in this section of
core 17940. The 775-year period amounts to approx-
imately one quarter of the 3000-year cycle identified
in the local SST record and to half of the salient
1500-year cyclicity, found in monsoon-controlled
sediment records from the Arabian Sea (Sirocko et
al., 1996), in North Atlantic sediments (Bond et al.,
1997), and in particular, in the δ18O record of the
GISP2 ice core from Greenland during Stages 2 and
3 (Grootes and Stuiver, 1997). Hence the 775-year
periodicity may be a harmonics of the 1500-year cy-
cle. The 102=84-year periodicities may possibly re-
flect the Gleissberg cycle of solar activity, frequently
described in ultrahigh-resolution records such as
tree-ring 114C and the GISP2 ice core (Stuiver and
Braziunas, 1993; Grootes and Stuiver, 1997).

However, compilations by Stocker and Mysack
(1992) and Stocker (1996) show that a consistent
theory on climatic cycles on decadal to centennial
time scales still does not exist. Accordingly, the
centennial periodicities in the Holocene variation of
East Asian monsoon can be ascribed only tentatively
to internal forcing mechanisms such as (1) harmonics
of secondary Milankovitch cycles, driven via the
global thermohaline circulation in the ocean, and (2)
short-term changes in solar activity (L. Wang et al.,
unpubl. data).

4.6. Linkages of monsoon to global climatic change:
leads and lags

The glacial-to-interglacial and millennial-scale
changes in East Asian monsoon climate involved
major changes in seasonal wind intensity, leading to
the highly variable dust and moisture fluxes just dis-
cussed. These changes were basically controlled by
variations in the thermal and pressure contrasts be-
tween (1) the (still-cool) tropical–subtropical Indo-
Pacific, and (2) Tibet and other Central Asian land
elevations serving as a strong heat source during
summer because of their lapse-rate effects. Based
on the GCM sensitivity tests and climate reconstruc-
tions of Prell and Kutzbach (1987), An et al. (1991),
Kutzbach et al. (1996), and Morley and Heusser

(1997), the changing latitudinal anomalies of solar
insolation due to orbital forcing (Fig. 13) played a
crucial role in driving the past changes of monsoon.
Especially, they were tied to the totally different
surface conditions that mark the two end-member
regions of Asian monsoon on sea at 30º and on
land at 60ºN and lead to a differential absorption or
reflection of the insolation budget.

Interactions among the three main spatial compo-
nents of the Earth’s climate system form another
source of forcings: the Pleistocene to Holocene
changes in low-latitude (East) Asian monsoon may
have been primarily linked to southern or to north-
ern high-latitude climate components, like circum-
Antarctic sea ice and temperatures or the build-up
and melting of ice-sheets on the Northern Hemi-
sphere continents. It is difficult to precisely disentan-
gle the cause and effect relationships among these
components and to detect the ‘ultimate’ source of
forcing, because the three appear to be highly inter-
active (Ruddiman et al., 1989).

In our approach, we tried to constrain these prob-
lems by defining the precise timing, leads, and lags
of past variations in summer and winter monsoon
versus changes in the most prominent marine and
ice-core records of global climate and sea-level
change, especially focusing on a few major turning
points of monsoon evolution during the last 230,000
and 40,000 calendar years. We used the GISP2 and
VOSTOK δ18O-temperature records from the Green-
land and Antarctic ice sheets (Sowers and Bender,
1995; Grootes and Stuiver, 1997) as a measure for
components of polar and global climate change.
They were tied to the monsoon records via the ben-
thic and planktonic δ18O records from the SCS by
tuning and AMS-14C-based age control (Fig. 4).

Test case one is the mid-Holocene decrease in
SST and the inflow of West Pacific (?) subsurface
water south of Hong Kong, starting about 5200–
4400 calendar yr ago (core 17940; Figs. 4, 9 and
13b). This event paralleled precisely a short-lasting
and marked weakening of North Atlantic Deep Wa-
ter (NADW) ventilation off northwest Africa 4800–
4600 yr ago (Maslin et al., 1996; Knaack, 1997) and
hence suggests a joint atmospheric and=or thermoha-
line forcing of the ocean circulation.

Test case two concerns the major early Holocene
fluctuations in SSS and monsoon at site 17940 off
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Hong Kong, lasting about 300 years near 8250 cal-
endar yr BP. They coincided with the most promi-
nent Holocene cooling in the GISP2 ice-core record
(Fig. 11; Grootes and Stuiver, 1997), again with
a short-lasting break-down in NADW ventilation
(Maslin et al., 1996; Knaack, 1997), and with the
start of the mid-Holocene dust discharge from Arabia
into the Arabian Sea (Sirocko et al., 1993). However,
any closer understanding of the actual linkages be-
tween these climate signals requires a more precise
definition of the decadal- to centennial-scale leads
and lags, which is limited by the precision of 14C
dates and their conversion into calendar years. We
cannot fully fix yet, whether (1) the SSS maximum
8300 yr ago has indeed matched the salient temper-
ature minimum on Greenland, and (2) whether the
subsequent extreme and short SSS minimum, i.e. the
maximum in monsoon rain 8150 yr ago has really
succeeded the cool episode, which would imply a
coincidence of cold and arid and warm and humid
phases.

Test case three is the <10-yr transition from
the cold Younger Dryas to the warm Preboreal about
11,600 calendar years ago, documented in the Green-
land ice cores (Dansgaard et al., 1989; Grootes et al.,
1993; Fig. 4). Off Hong Kong this climatic turning
point went along with a massive rise in monsoon pre-
cipitation over less than 50–100 yr, as reflected by
the decrease in salinity and onset of fluvial mud de-
position in the ultrahigh-resolution sediment records
of cores 17940 and -39 (Figs. 6 and 10). Moreover,
a sudden coeval rise in winter and annual-mean SST
occurred in all parts of the SCS (Fig. 9), also in the
southeast (Thunell and Miao, 1996). The subsequent
Preboreal to early Holocene culmination in the East
Asian monsoon precisely paralleled a comparable
maximum of the Indian summer monsoon found in
Arabian Sea sediments (Sirocko et al., 1993), when
solar insolation and summer temperatures on Green-
land (Koerner and Fisher, 1990) reached a maximum.

Test case four suffers from still-controversial dat-
ing precision. The grain-size- and SSS-based short-
term monsoon oscillations, which were identified at
site 17940 during Stage 3, are considered as coeval
with Heinrich events 4 and 3 (Figs. 4, 6, 9 and 10).
However, the 14C age of 35,500 years BP, which was
measured on the δ18O maximum assigned to Hein-
rich event 4, implies an abnormally high oceanic

14C-reservoir age of SCS-surface water, reaching 1.5
ka in comparison to a 14C age of 34 ka measured in
the Norwegian Sea (Adkins and Boyle, 1997; Völker
et al., 1998). If this assumption is correct, the mon-
soon oscillations near Heinrich events 4 and 3 may
indeed contribute to a better general understanding of
short-term climatic change. Together with test cases
2 and 3 for the Holocene and YD and a new record of
Stage-3 variations of the Indian monsoon (Schulz et
al., 1998), they suggest that any short-term changes
in the Asian monsoon system were intimately tied to
high-latitude climate forcing such as major iceberg
surges in the North Atlantic (Broecker et al., 1990;
Bond and Lotti, 1995). We guess that this may have
occurred on decadal to 100-year time spans mainly
via atmospheric climatic forcing. No leads and lags
were identified so far.

In contrast, significant leads and lags mark our
final test case, the onset of glacial Termination IA,
where the ultrahigh-resolution sediment records of
monsoon humidity and the planktonic and benthic
δ18O signals of global climatic change indicate con-
siderable age deviations (cores 17940 and -39 in
Figs. 3, 4 and 6; close-up in Fig. 7). At site 17940
the clay fraction, a rough tracer of fluvial runoff,
started to rise from <50% up to an almost Holocene
level of 60–70% as early as 17.0–14.7 thousand 14C
years ago, i.e. right after the Milankovitch solar inso-
lation minimum almost 18,000 14C years ago equal
to 21,000 calendar years. The rise in clay supply
preceded the strongly fluctuating onset of postglacial
δ18O signals of sea-level rise by 3000–4000 years,
which slowly started at 14,000 and more pronounced
after 13,200 14C years BP, near the base of the
Bølling. At this time the rise in fluvial clay input had
finally reached the more distal site 17939. By con-
trast, the dust modal grain sizes show a first, abrupt
postglacial drop from 25 to 10 µm near 15,000 14C
years BP and a subsequent, more gradual decrease
until 13,400 14C years BP (885–810 cm c.d. in core
17940; Figs. 6 and 7).

The outlined phase relationships among different
paleoclimatic signals near the start of glacial Ter-
mination IA lead us to the following conclusions
(Fig. 13b). (1) The initial rapid increase in clay sup-
ply occurred independent of the postglacial sea-level
rise but was solely controlled by enhanced fluvial
sediment supply from South China. (2) This early



278 L. Wang et al. / Marine Geology 156 (1999) 245–284

signal of intensified monsoon rains during summer
paralleled the start of Antarctic ice melt (Sowers and
Bender, 1995) and thus was linked to climate compo-
nents of southern high latitudes. (3) Vice versa, the
delayed decrease in loess-grain sizes and strength
of winter-monsoon winds went along with a ma-
jor melt of northern high-latitude glaciation directly
prior to the Bølling=Dansgaard–Oeschger event 1
(GISP2 record in Fig. 4). In harmony with these
conclusions, the maximum in winter-monsoon winds
slightly lagged the minimum in northern insolation,
whereas the peak in monsoon precipitation during
summer was in phase with maximum northern inso-
lation (Fig. 13b). This relation likewise applies to the
East Asian and Indian monsoon systems.

In most cores from the SCS the record on mon-
soon variations is tied to global climatic change via
well defined events of planktonic δ18O stratigraphy
(Fig. 4). However, our 14C datings in core 17940 also
suggest millennial-scale phase lags of δ18O events
in the SCS vs. δ18O events measured elsewhere.
Termination IA only started near 14,000 14C years
BP in both the planktonic and benthic δ18O records
(840–845 cm c.d.; Fig. 3c and Fig. 4; Table 3). This
age lags 600–1000 years behind the ages found in
dozens of benthic and planktonic δ18O records from
the Atlantic (Winn et al., 1991; Sarnthein et al.,
1995). The lag represents the time span needed for
an ocean-wide spreading of the early deglacial δ18O
signal and confirms previous estimates (800–1000
years; Duplessy et al., 1991). However, the actual lag
may be larger in view of the high 14C-reservoir ages
which exceed 1500 years in the SCS during Heinrich
event 4 and are difficult to assess at Heinrich event 1
(Fig. 5).

5. Conclusions

Past changes in the East Asian monsoon were
deduced from ten well dated sediment records with
millennial to bidecadal time resolution from core
transects across the northern, western, and southern
margins of the subtropical and tropical South China
Sea (SCS). Based on a broad multiproxy-data set
we drew the following conclusions on climate and
ocean variability over the last 220,000 years and in
particular, the last 40,000 years.

(1) Two extremes of monsoon circulation alter-
nated with the glacial-to-interglacial cycles driven
by minima and maxima of Northern Hemisphere
solar insolation (Fig. 13): a strongly intensified win-
ter monsoon and weakened summer monsoon were
typical of glacial periods. They involved a strongly
reduced monsoon precipitation during summer, i.e.
continental aridity in subtropical South China, a no-
ticeable discharge of loess dust, markedly lowered
SST during winter, and an enhanced seasonality
all over the SCS. In contrast, the Holocene and
other interglacial regimes were characterized by a
strengthened summer-monsoon circulation and weak
winter-monsoon winds. They led to extreme conti-
nental wetness in South China, to high winter SST
and a low seasonality in the whole SCS, and to
high upwelling productivity southeast of Vietnam,
possibly also to an increased frequency of typhoon
storms.

(2) An excess in siliciclastic clay and extended
periods of reduced SSS indicate an ongoing fluvial
sediment supply along the southern margin of the
SCS during Stages 2–4. Based on these findings
the emerged Sunda shelf was humid and drained by
Amazone-style tropical rivers, a region which served
as glacial refuge for tropical forests, in harmony with
the marine pollen record (X. Sun, pers. commun.,
1997).

(3) Glacial-to-interglacial sea-level changes had a
significant impact on the paleoceanography of the
SCS via the closure and opening of the strait of
Borneo at a threshold water depth of about 40 m.
During interglacial periods with high sea level the
lateral advection of warm surface water from the
tropical West Pacific led to a significant general rise
in annual mean SST (based on UK

37 records). Vice
versa, the glacial closure of the Borneo strait led to
an intensified inflow of cool and nutrient-rich sur-
face water from the northeast, which was upwelled
near the northern tip of Luzon during winter. It
is traced in SST, SSS, and δ13C records of plank-
tonic foraminifera, moreover, by the frequency of P.
obliquiloculata.

(4) The glacial separation of the SCS in the south-
west involved a strengthened estuarine circulation
mode. Together with the massive discharge of tropi-
cal rivers this mode led to extreme oxygen depletion
near 1500 m water depth along the southern margin
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of the sea and to epibenthic δ13C values as low as
�0.5 to < �1.5‰.

(5) SST, SSS, and siliciclastic grain-size records
from the northern SCS contain a history of sig-
nificant centennial to millennial-scale events. Cold
spells occurred roughly every 3000 years during the
Holocene. The Younger Dryas did not induce a cool-
ing but an arid episode. Heinrich event 4 probably
corresponded to an arid and cool phase in South
China. In the southern and western SCS short-lasting
extreme SSS minima reflect major freshwater flood-
ings by summer-monsoon rain near Termination II
and IA and in late Stage 3, presumably linked to the
warm Dansgaard–Oeschger events 8 and 4 to 3.

(6) The high-frequency oscillations of Holocene
monsoon wetness in South China center at peri-
odicities of 775 and 102=84 years. The 775-year
cycle may form a subharmonics of the 1500-year
cycle, recently described in ice-core and marine-sed-
iment records and assigned to changes in oceanic
thermohaline circulation. The 102=84 cyclicity may
correspond to the Gleissberg period of solar activity.

(7) During the last 600 years, approximately since
the early Little Ice Age, the SSS values have in-
creased southeast of Hong Kong. They imply a
recent drop in monsoon precipitation over South
China, coeval with growing temperature amplitudes
recorded in the ice-core GISP2 from Greenland, and
possibly, an impending fast return to greater wetness.

(8) Both short-lasting and long-term variations in
the East Asian monsoon were coeval with variations
in the Indian monsoon regime, based on published
evidence from Arabian Sea sediments, which in-
volves a joint (atmospheric?) forcing.

(9) Phase relationships among various paleocli-
matic proxy records off Hong Kong during the onset
of glacial Termination IA suggest that the summer-
monsoon-driven fluvial runoff and sediment supply
intensified right after the LGM insolation minimum,
parallel to the early start of Antarctic ice melt and
about 3500 yr prior to the δ18O signal of postglacial
sea-level rise. Vice versa, the grain-size record of
dust suggests a delayed but abrupt decrease in the
strength of winter-monsoon winds only about 15,000
calendar years ago, along with the melt of northern
glacial ice sheets.

(10) Based on a precise age tuning of Hein-
rich-4 and other climate oscillations the local oceanic

14C-reservoir effect may have reached 1500 years
during times of low sea level, when the emerged
Sunda shelf barred the advection of young surface
water from the south and the enhanced estuarine
circulation in the SCS led to an upwelling of old Pa-
cific intermediate and deep water. Here 14C datings
may rather serve as sensitive tracers of past circula-
tion changes than for estimating the precise age of
climate oscillations.
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J.C., Erlenkeuser, H., Flatöy, A., Johannessen, G., Johan-
nessen, T., Jung, S., Koc, N., Labeyrie, L., Pflaumann, U.,
Schulz, H., 1995. Variations in Atlantic surface ocean paleo-
ceanography, 50º–85ºN: a time-slice record of the last 30,000
years. Paleoceanography 10, 1063–1094.

Sawada, K., Handa, N., 1998. Variability of the Kuroshio ocean
current over the past 25,000 years. Nature 392, 592–595.

Schleicher, M., Grootes, P.M., Nadeau, M.J., Schoon, A., 1998.
14C backgrounds and their components at the Leibniz AMS
facility. Radiocarbon 40 (in press).

Schulz, H., von Rad, U., Erlenkeuser, H., 1998. Correlation
between Arabian Sea and Greenland climate oscillations of
the past 110,000 years. Nature 393, 54–57.

Seidov, D., Sarnthein, M., Stattegger, K., Prien, R., Weinelt, M.,
1996. North Atlantic ocean circulation during the last glacial
maximum and subsequent meltwater event: a numerical model.
J. Geophys. Res. 101, 16305–16332.

Shackleton, N.J., Duplessy, J.C., Arnold, M., Maurice, P., Hall,
N.A., Cartlidge, J., 1988. Radiocarbon age of East glacial
Pacific deep water. Nature 335, 708–711.

Shi, Y., Kong, Z., Wang, S., Tang, L., Yao, T., Zhao, X., Zhang,
P., Shi, S., 1993. Mid-Holocene climates and environments in
China. Global Planet. Change 7, 219–233.

Sirocko, F., Sarnthein, M., Erlenkeuser, H., Lange, H., Arnold,
M., Duplessy, J.C., 1993. Century-scale events in monsoonal
climate over the past 24,000 years. Nature 364, 322–324.

Sirocko, F., Garbe-Schoenberg, D., McIntyre, A., Molfino, B.,
1996. Teleconnection between the subtropical Monsoon and
high-latitude climate during the last deglaciation. Science 272,
526–529.

Sowers, T., Bender, M., 1995. Climate records covering the last
deglaciation. Science, 210–214.

Stattegger, K., Kuhnt, W., Wong, H.K., et al., 1997.
Cruise Report SONNE 115 SUNDAFLUT. Sequenzstrati-
graphie, spätpleistozän–holozäne Meeresspiegelschwankun-
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